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DISSERTATION ABSTRACT
Brandon Paul VanderBeek
Doctor of Philosophy
Department of Earth Sciences
September 2018
Title: New Perspectives on Mid-Ocean Ridge Magmatic Systems and Deformation in the
Uppermost Oceanic Mantle from Active- and Passive-Source Seismic Imaging in
Cascadia

In this dissertation, I use seismic imaging methods to constrain the evolution of
the oceanic upper mantle across the Juan de Fuca (JdF) and Gorda plates. This work
begins by studying the geometry of the mantle magmatic system and patterns of mantle
flow beneath the northern JdF ridge in relation to ridge-parallel changes in accretionary
processes. I find that the dynamics of lithospheric rifting exert the primary control on the
distribution of shallow mantle melts and variations in crustal thickness and composition.
The orientation of mantle divergence beneath the JdF ridge, as inferred from seismic
anisotropy, is oblique to the overlying plate divergence direction. Similar observations
made at the East Pacific Rise and Mid-Atlantic ridge suggest plate motions alone do not
control mantle flow patterns. On the contrary, stresses exerted at the base of the plate by
the asthenospheric flow field may contribute to changes in plate motion prompting a
reorientation of oceanic spreading segments. The mantle anisotropic fabric of the JdF
plate interior is then investigated to identify whether the rotated mantle flow field
observed beneath the JdF ridge persisted throughout the recent geologic past. However,
observations suggest that the anisotropic structure created at the ridge partially
reorganizes off-axis obscuring the paleo-flow geometry. Next, I focus on how the
iv

physical state of the oceanic lithosphere evolves with time. Using local earthquake arrival
times I test whether the seismic velocity structure of the upper mantle lithosphere is
thermally controlled or dominated by heterogeneities introduced upon accretion at the
ridge or by subsequent deformation off axis. Despite extensive surficial evidence of
faulting across the Gorda plate, deformation appears to be restricted to crustal depths and
mantle velocities are explained by conductive cooling. In contrast, the velocity structure
of the JdF plate is inconsistent with conductively-cooled mantle. Hydration of the mantle
lithosphere associated with tectonic discontinuities is invoked to explain anomalously
slow P-wave speeds. Lastly, a joint inversion of teleseismic body and surface wave data
is proposed to image the geometry of mantle upwelling and melt production beneath the
JdF and Gorda Ridges.
This dissertation includes previously published and unpublished coauthored
material.
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CHAPTER I
INTRODUCTION

The motion of the oceanic lithosphere drives the vast majority volcanic and
seismic activity on Earth. Along the mid-ocean ridge systems, oceanic lithosphere
diverges exciting mantle upwelling and melting. These melts are focused toward the
surface where they fuel the volcanism responsible for the generation of the world's
seafloor. The lithosphere thickens through conductive cooling as it flows away from the
MOR and is eventually recycled back into the mantle along subduction zones. Here,
stress release along the interface between the downgoing oceanic plate and overriding
lithosphere generates extensive seismicity. Compositional and structural heterogeneities
inherited upon accretion and introduced by off-axis deformation of the plate are
subducted where they may influence the seismic behavior of the plate interface and the
generation of arc magmas. Owing to the remoteness of the ocean floor, observational
constraints on the structure of the upper mantle are limited. Consequently, the nature of
mantle upwelling and and the processes that govern lithospheric accretion are poorly
constrained. In particular, how is mantle upwelling and melt production at depth
connected to shallow tectonic and magmatic processes occurring along the MOR system?
How heterogeneous is the oceanic lithosphere? Does the structure of the mantle
lithosphere influence the seismic behavior of subduction zones and arc magmatic
processes? This dissertation begins to address these questions by studying the evolution
of oceanic upper mantle beneath the Juan de Fuca (JdF) plate system from the ridge to the
trench. Using complimentary seismic datasets collected offshore of the Cascadia margin,
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I tomographically image the seismic velocity structure of the upper mantle at
progressively larger scales. These images are used to place constraints on mantle physical
properties.
In Chapter II, I use active-source seismic data to probe the structure of the
shallow mantle magmatic system and pattern of mantle flow beneath the Endeavour
segment on the northern JdF ridge. I investigate whether the morphologic expression of
the ridge and along-strike variations in tectonic and magmatic processes reflect the
dynamics of mantle upwelling and melting below or are controlled by the rifting of the
young oceanic plate above. Tomographic images reveal that the more heavily tectonized
and volcanically less active ends of the Endeavour segment are underlain by broad
regions of mantle melt at the base of the Moho. In contrast, the volcanically more active
segment center is underlain by a narrower mantle magmatic system containing
volumetrically less melt. The orientation of mantle flow inferred from seismic anisotropy
is rotated 12° from the orientation of plate divergence suggesting that mantle flow at
shallow depths is influenced by forces other than the overlying plate divergence. I
synthesize these results with geophysical and petrological observations from a variety of
MOR segments to develop a new conceptual model for the structure of oceanic spreading
centers. In this model, the distribution of melt is controlled by the axial thermal structure
rather than variations in the production of melt from the upwelling mantle. The thermal
structure is controlled by the overlying rift geometry which evolves in response to
stresses exerted along the base of the plate by mantle flow that is oblique to the motion of
the lithosphere.
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The skew between the plate and mantle divergence directions beneath the
northern JdF ridge discussed in Chapter II is surprising. However, similar patterns have
been observed beneath the fast-spreading East Pacific Rise and slow-spreading MidAtlantic Ridge suggesting that plate and mantle flow directions may be misaligned
globally. Because the upper oceanic mantle is progressively frozen into the lithosphere
and paleo-spreading directions are recorded by seafloor magnetization and basement
lineations, the relationship between relative plate motion and mantle flow in the geologic
past may be discerned through seismic investigation of plate interiors. In Chapter III, I
test whether the oblique pattern of mantle divergence inferred beneath the present-day
northern JdF ridge is characteristic of the entire JdF ridge system over recent (< 10 Myr)
geologic time. Azimuthal variations in local earthquake P-wave arrival times are used to
measure the mean anisotropic fabric of the entire JdF plate. The results are inconclusive. I
find evidence that prior to being accreted to the oceanic lithosphere, the anisotropic fabric
of the uppermost 10 km of the mantle reorganizes as it is transported off-axis to more
closely align with the direction of absolute plate motion. Consequently, the pattern of
mantle flow beneath the paleo-spreading center is obscured. The results do hold promise
for inferring paleo-absolute plate motion directions from measurements of lithospheric
anisotropy.
Chapter IV is an extension of the study in Chapter III and explores mantle
heterogeneity within the JdF and internally deforming Gorda plates using local
earthquake tomography. I construct images of P-wave velocity and use these to constrain
the thermal structure and hydration state of the oceanic lithosphere as a function of plate
age. Despite surficial evidence of extensive active faulting, the velocity structure of the

3

Gorda uppermost mantle is remarkably consistent with predictions from a conductive
cooling model. Observations from seismic anisotropy suggest that brittle deformation is
restricted to crustal depths. In contrasts, the seismic velocity structure of the JdF plate
does not exhibit a clear age dependence. Pronounced mantle low-velocity zones are
found along the southern edge of the JdF plate and attributed to alteration by seawater.
Large tectonic offsets near the low-velocity anomalies are hypothesized to provide
pathways for fluid circulation. While the mantle lithosphere offshore Cascadia contains a
number of heterogeneities, there is not a clear relationship between these anomalies and
along-strike variations in subduction zone processes
Chapters II-IV focused on the structure of the shallow (i.e. within 10 km of the
Moho) mantle and explored its evolution from ridge to trench. In Chapter V, I consider
the larger scale dynamics of the lithosphere-asthenosphere system beneath Cascadia. To
better constrain the geometry of mantle flow and upwelling beneath the JdF and Gorda
ridges, I propose to jointly invert teleseismic body and surface wave arrivals for the shear
velocity structure of the upper ~500 km of the mantle. These two seismic phases have
complimentary sensitivities to earth structure and their joint analysis holds promise for
yielding higher resolution images of the Earth. Chapter V provides scientific motivation
for the joint inversion and develops the methodology.
Chapter II of this dissertation was coauthored with Douglas R. Toomey, Emilie E.
E. Hooft, and William S. D. Wilcock and published in Nature Geoscience in August
2016. Chapter III was coauthored with Douglas R. Toomey and published in Geophysical
Research Letters in November 2017. Chapter IV is in preparation for publications and
was coauthored with Douglas R. Toomey.
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CHAPTER II
SEGMENTATION OF MID-OCEAN RIDGES ATTRIBUTED TO OBLIQUE
MANTLE DIVERGENCE
From VanderBeek, B. P., Toomey, D. R., Hooft, E. E., & Wilcock, W. S. (2016).
Segmentation of mid-ocean ridges attributed to oblique mantle divergence. Nature
Geoscience, 9(8), 636.

1.0 Introduction
Since the discovery that Earth’s mid-ocean ridge system is divided into segments
(Schouten et al., 1985; Macdonald et al., 1988; Sempéré et al., 1990) a wealth of
observations have shown that there are systematic, along-axis variations in tectonic and
magmatic processes (Macdonald et al., 1988; Langmuir et al., 1986; Kent et al., 2000;
Carbotte et al., 2015). Between transform faults, the boundaries of ridge segments are
defined by long-lived, non-transform tectonic offsets or second-order ridge crest
discontinuities (Macdonald et al., 1988; Sempéré et al., 1990; Figure 1) that often occur
at axial depth maxima and that migrate along the plate boundary. These second-order
discontinuities include overlapping spreading centres (OSCs) at fast- and intermediatespreading rates, and oblique shear zones at slow-spreading rates. The origin of nontransform tectonic offsets and their relations to segment-scale magmatic processes
remains actively debated (Schouten et al., 1985; Macdonald et al., 1988; Kent et al.,
2000; Carbotte et al., 2015; Lonsdale, 1989; Carbotte et al., 2004; Toomey et al., 2007).
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Figure 1. Tectonic segmentation of fast-, intermediate-, and slow-spreading ridges. Bathymetric
maps of (a) the East Pacific Rise; (b) the Endeavour region of the JdFR; and (c) the Mid-Atlantic
Ridge. Dashed lines show plate boundaries. Transform faults (TF), overlapping spreading centres
(OSC), and non-transform offsets (NTO) are labeled; numbers indicate order of a tectonic
discontinuity (Macdonald et al., 1988). White arrows show the spreading direction and fullspreading rate (Gripp & Gordon, 2002). Green arrows indicate azimuth of seismic anisotropy for
the EPR (Toomey et al., 2007), JdFR (this study), and MAR (Dunn et al., 2005). Recent rotations
in the Euler pole of each plate system (Pockalny et al., 1997; Sloan & Patriat, 1992; Wilson, 1988)
are indicated. (d) Map showing regional location of ridge segments (red stars).

The prevailing hypothesis for segmentation of spreading centres attributes
second-order offsets to variations in magma supply from the upwelling mantle. In this
6

view, segment centres overly sites of increased melt supply and magma is redistributed
along axis at crustal or mantle depths toward magma-starved segment ends (Schouten et
al., 1985; Macdonald et al., 1988; Carbotte et al., 2004; Bell & Buck, 1992).
Alternatively, competing hypotheses suggest that changes in the plate-spreading direction
are related to the formation of tectonic offsets (Lonsdale, 1989) and to a misalignment
between sub-ridge mantle and crustal processes (Toomey et al., 2007). Here, we
seismically image the geometry of mantle flow and the distribution of shallow mantle
melt beneath the intermediate-spreading Endeavour segment of the Juan de Fuca Ridge
(JdFR). We synthesize our results with observations from other spreading environments
to identify the mechanisms responsible for tectonic and magmatic segmentation of the
mid-ocean ridge system.
2.0 Experiment Geometry and Tomographic Imaging
Figure 2 shows the location of seismic sources and receivers used to construct our
tomographic model of the shallow mantle beneath the Endeavour segment of the JdFR.
We use arrival times of seismic energy refracted beneath the Mohorovičić (Moho)
discontinuity (Pn arrivals) to image the upper 4 km of the mantle within an area
extending 20 km by 100 km in the cross- and along-axis directions, respectively. Over
5000 Pn arrivals provide excellent sampling of mantle structure and previous studies
(Weekly et al., 2014; Soule et al., 2016) provide a three-dimensional starting model of
crustal velocity and thickness (see Appendix A).
The Pn data plotted by azimuth show a cos2θ-pattern, which is indicative of
azimuthal seismic anisotropy (Figure 3). The azimuth of the fast-axis of mantle
anisotropy is 122° ± 1° and the magnitude is 4.7% ± 0.4% (see Appendix A). The
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azimuth of anisotropy is rotated 12° clockwise from the predicted plate-spreading
direction (Gripp & Gordon, 2002). Examination of subsets of Pn data do not show
evidence for along-axis variations in anisotropic structure (see Appendix A).

Figure 2. Location and geometry of the ETOMO experiment and tomographic image of the mantle velocity
structure. (a) Bathymetric map of the Endeavour Ridge. Black dots and white circles show the location of
seismic sources and receivers, respectively (see Appendix A). The white arrows indicate the plate-spreading
direction (Gripp & Gordon, 2002). The location of the crustal axial magma lens is shown in red (Carbotte et
al., 2006). (b) Tomographic image of the mantle P-wave velocity structure at 7.8 km depth beneath the
seafloor; contour interval is 0.1 km/s. Green arrows indicate the azimuth of seismic anisotropy. Dashed lines
identify the plate boundary.

Our preferred tomographic solution is shown in Figure 2b; Appendix A section
discusses model resolution, sensitivity, and trade-offs. The isotropic component of mantle
velocity is anomalously low along the entire length of the Endeavour segment. However,
the trend of the mantle low-velocity zone (MLVZ) does not follow the Endeavour ridge
8

axis, nor is it rotated clockwise
with respect the ridge segment
(i.e., perpendicular to the fast-axis
of mantle anisotropy), but instead
connects the OSCs. Remarkably,
both the cross-axis width and
amplitude of the MLVZ are largest
beneath the segment-bounding

Figure 3. Mean Pn delay times versus azimuth. Delays are
calculated relative to an isotropic mantle (7.6 km/s), binned at
10° intervals, and corrected to 40 km range (see Appendix A).
Error bars show the 95% confidence interval in the mean delay
time as determined by a Student’s t-test. The solid line is the
best-fit cos2θ-curve. The azimuth of seismic anisotropy is 122°
± 1° (solid vertical line), which is rotated 12° clockwise from
the plate-spreading direction (vertical dashed line; Gripp &
Gordon, 2002). The anisotropic magnitude is 4.7% ± 0.4%.

Cobb and Endeavour OSCs. Beneath the Cobb OSC the MLVZ is ~30 km in diameter,
centred west of the eastern spreading limb, and the lowest mantle velocities (~7.1 km/s)
are beneath the eastern rift. At the Endeavour OSC, a 30-km-wide MLVZ extends across
both spreading limbs with the lowest velocities (~7.1 km/s) concentrated beneath the
western rift. By contrast, the MLVZ beneath the main Endeavour ridge, where a nearly
continuous crustal axial magma lens has been identified (Carbotte et al., 2006), is a
narrower (~15 km), more linear feature characterized by slightly higher velocities (~7.4
km/s). Three local minima punctuate the central MLVZ at intervals of ~15 km. The
southern- and northern-most of these minima are located ~5 km off axis.
3.0 Mantle Flow and Melt Distribution at Endeavour
The anisotropic component of our model constrains the segment-scale geometry
of uppermost mantle flow. This is because seismic anisotropy in the mantle is dominated
by the lattice-preferred orientation of olivine crystals (Ismaïl & Mainprice, 1998). In
response to strain induced by gradients in the mantle flow field, the crystallographic aaxis of olivine (the fast-axis of P-wave propagation) aligns parallel to the direction of
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maximum shear (Zhang & Karato, 1995). Because mantle divergence generates large
shear strains (Blackman & Kendall, 2002), we infer that the azimuth of seismic
anisotropy parallels the mantle divergence direction, which is skewed 12 clockwise from
the plate-spreading direction. Furthermore, the observed cos2-pattern (Figure 3) is
consistent with a two-dimensional flow field and does not suggest segment-scale, threedimensional flow consistent with diapiric upwelling (Dunn et al., 2000).
The isotropic component of our model constrains the thermal structure and
distribution of melt beneath the Endeavour segment. To explain the magnitude of the
MLVZ with thermal perturbations alone requires unrealistically large temperature
anomalies (see Appendix A). The seismic velocity reduction unaccounted for by a likely
thermal anomaly is consistent with <2% partial melt beneath the segment centre and 1 to
5% beneath the OSCs (see Appendix A). Given the seismic wavelength of Pn, the
partially molten regions must extend several kilometres beneath the Moho, though the
details of melt geometry are not constrained by our data. We infer that the MLVZ defines
the segment-scale geometry of the shallow mantle magmatic system.
Our results indicate the greatest volumes of mantle melt are currently beneath the
second-order tectonic discontinuities. The observed seismic velocities are consistent with
as much as 90 km3 of melt within the upper 4 km of the mantle beneath each OSC (see
Appendix A). In comparison, we estimate up to 40 km3 of melt is present within the
upper 4 km of the mantle beneath the non-overlapping portion of the Endeavour ridge or
less than half that present beneath either OSC. Several studies suggest the inferred
segment-scale melt distribution is not related to nearby seamount chains (see Appendix
A). In contrast to the estimated melt volumes, crustal thickness along the Endeavour
10

segment, which constrains the time-integrated magma supply, is greatest at the segment
centre (Soule et al., 2016; Carbotte et al., 2008). To reconcile the current distribution of
mantle melt with the time-averaged supply, we infer that mantle melt is efficiently
extracted beneath the segment centre and that greater amounts of melt are stored within
the mantle beneath tectonic offsets. Additional evidence supporting this inference is
discussed below.
We note that the MLVZ does not align with the Endeavour ridge axis, nor is it
perpendicular to the mantle divergence direction as is the case for the fast-spreading EPR
(Toomey et al., 2007). Instead, the MLVZ lies sub-parallel to the regional, N-S trend of
the northern JdFR, a result consistent with the focusing of shallow mantle melt beneath
the youngest and thinnest lithosphere (Sparks & Parmentier, 1991). Indeed, as discussed
below, cross- and along-axis variations in thermal structure appear to be the primary
factor influencing the segment-scale distribution of magma at both sub-Moho and crustal
depths.
4.0 Tectonic Segmentation of Mid-Ocean Ridges
Seismic studies from fast- (Toomey et al., 2007), intermediate- (this study), and
slow-spreading (Dunn et al., 2005) centres reveal a remarkable characteristic of the midocean ridge system: A systematic skew between the plate- and mantle-divergence
directions, where the magnitude of skew increases as spreading rate decreases (Figure 4).
Furthermore, for each region studied, the skew of mantle divergence is in the same
direction as, and ahead of, recent changes in the spreading direction (Figure 1). Along
both the 9°N EPR and 35°N MAR segments, the mantle flow field is rotated in an
anticlockwise sense and the associated Euler poles have progressed anticlockwise over

11

the last several million years (Pockalny et al., 1997;
Sloan & Patriat, 1992). Similarly, we find that
mantle flow beneath the Endeavour is skewed
clockwise and the Pacific-JdF plate boundary has
been reorganizing clockwise over the last ~10 Ma
(Wilson, 1988). These observations indicate that
sub-ridge mantle dynamics are not solely a passive
response to overlying plate motion. On the basis of
these results, we assume that current platespreading directions are lagging behind a more
rapidly evolving asthenospheric flow field, and that

Figure 4. Skew of mantle anisotropy by
spreading rate. The magnitude of the skew
between mantle anisotropy and the
predicted plate-spreading direction (Gripp
& Gordon, 2002) is plotted by spreading
rate; uncertainties are defined by the
standard error in the weighted least-squares
fit to Pn travel-time residuals from each
experiment. Observations from the EPR
and MAR are taken from Toomey et al.
(2007) and Dunn et al. (2005), respectively.

this lag increases with decreasing spreading rate
(Figure 4).
We propose that skew between asthenospheric flow and plate motions generates a
drag force on the base of oceanic lithosphere that contributes to changes in spreading
direction and the formation of second-order tectonic discontinuities. Basal shear stresses
may be small, but they can amount to a significant force when integrated over a
substantial area (~1014-16 N assuming strain rates of 10-15 s-1, asthenosphere viscosity of
1019 Pa s, and plate area of 1010-12 m2). In support of this view, shear wave splitting
observations made at sites throughout the JdF plate are consistent with a clockwise
rotation of asthenospheric flow relative to absolute plate motion (Bodmer et al., 2015). A
skewed mantle flow field would generate transtensional stresses at the ridge. We thus
suggest that ridge segments and second-order tectonic offsets are analogous to the
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formation of transtensional cracks. In a transtensional stress regime, left- or rightstepping offsets will form in right- or left-lateral shear, respectively (Pollard et al., 1982).
For numerous second-order discontinuities across a range of spreading rates — including
the sections of the EPR, JdFR, and MAR discussed here — the formation and geometry
of segment offsets correlate with recent changes in spreading direction (Morgan &
Sandwell, 1994). We hypothesize that these changes in spreading direction are in part a
response to skew between plate motions and mantle flow and that the work required to
reorient transpressive oceanic transform faults limits the rate at which spreading
directions can change (Toomey et al., 2007). For a given spreading rate, a range of skew
magnitudes may be present depending on the tectonic history and geometry of bounding
first-order discontinuities. However, since transform faults occur more frequently along
more slowly spreading regions of the mid-ocean ridge system, we predict that the
magnitude of skew will, on average, increase with decreasing spreading rate.
5.0 Magmatic Segmentation of Mid-Ocean Ridges
Tomographic imaging of the topmost mantle from fast- and intermediatespreading ridges reveals a second remarkable characteristic of the mid-ocean ridge
system: Second-order tectonic offsets are sites of increased storage of shallow mantle
melt over relatively broad areas. At the Endeavour segment both the cross-axis width and
magnitude of the MLVZ are greatest beneath the segment-bounding OSCs (Figure 2b).
Similarly, tomographic results from the EPR reveal a MLVZ that is both more
pronounced and laterally extensive beneath the 9˚03’N OSC (Toomey et al., 2007). These
observations cannot be attributed to an increase in magma supply. This is because
geophysical studies show that second-order offsets along the EPR (Barth & Mutter, 1996;
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Canales et al., 2003) and the JdFR (Soule et al., 2016; Marjanović et al., 2011) are
regions of normal or decreased crustal thickness. In addition, isotopic variations in axial
basalts from the 9°03’N OSC show no evidence for variations in extents of melting near
the discontinuity (Wanless et al., 2012).
We propose a model for the magmatic segmentation of fast- and intermediatespreading centres based on the hypothesis that the segment-scale characteristics of the
shallow mantle and crustal magmatic systems are governed by the pattern of rifting and
resulting near-axis thermal structure (Figure 5); the implications of our model for slowspreading ridges are discussed below. Away from the influence of hot spots, we assume
that the production of mantle melt is uniform at the scale of second-order ridge segments
(Hooft et al., 2000), including their non-transform discontinuities, and that melt ascends
toward the base of young lithosphere, where it is focused by sloping isotherms (Sparks &
Parmentier, 1991). In between tectonic offsets — where plate separation is
accommodated by a single rift — mantle melts are focused toward a discrete, welldefined plate boundary (Figures 5a-b). Here, magma is more frequently injected into the
rift and hydrothermal processes shape a narrow crustal magmatic system (Dunn et al.,
2000), the depth of which depends on spreading rate and the efficiency of advective heat
removal (Morgan & Chen, 1993). In contrast, near second-order tectonic offsets (Figures
5a, c) the available mantle-derived melts are distributed between overlapping spreading
limbs. This dispersal of a fixed amount of heat results in a deeper crustal magmatic
system and a broader region of elevated temperatures at both lower crustal and shallow
mantle depths. We assert that these conditions result in less efficient delivery of melt to
mid-crustal reservoirs and the preferential retention of melt for longer periods of time at
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mantle depths. The consequences of longer magma residence times beneath second-order
discontinuities are several, including increased magmatic differentiation at higher
pressures, decreased crustal thickness beneath tectonic discontinuities, and the generation
of a denser crustal unit (Figure 5a; Toomey & Hooft, 2008). Such trends are well
documented along the mid-ocean ridge system (Langmuir et al., 1986; Soule et al., 2016;
Barth & Mutter, 1996; Canales et al., 2003; Marjanović et al., 2011; Wanless et al., 2012;
Toomey & Hooft, 2008; Sinton et al., 1983).
Our model of magmatic segmentation, coupled with the mechanics of OSC
propagation, also explains the occurrence of relatively thick, dense crust behind the wake
of a propagating discontinuity (Figure 5a; Barth & Mutter, 1996; Canales et al., 2003;
Marjanović et al., 2011; Toomey & Hooft, 2008). Previous studies indicate that OSC
propagation is not continuous, but occurs in discrete jumps, with the propagating limb
rapidly lengthening and curving inward toward the basin while the failing limb is rafted
off axis or recedes (Macdonald et al., 1985; Shoberg & Stein, 1994; Cormier et al., 1996).
Thus, the advancing limb will tap an additional source of mantle melt, one that has been
trapped between overlapping spreading limbs and undergone greater amounts of
differentiation at sub-Moho pressures. As a result, relatively thick and dense crust will be
generated immediately behind the wake of a propagating OSC (Figure 5a).

15

Figure 5. Proposed model of magmatic segmentation for fast- and intermediate spreading ridges. (a) Map
view of second-order ridge segments and predictions for the geometry of mantle flow, distribution of shallow
mantle melt, and patterns in crustal structure. Dashed lines show the cross-sections in (b) and (c). (b; modified
from Toomey et al., 2007), Rise-perpendicular section away from a second-order, tectonic discontinuity. (c)
Rise-perpendicular section across a second-order OSC; see text for discussion. Red stippling denotes regions
of increased melt fraction. Seafloor relief and thickness of melt sills are exaggerated.

A number of studies are consistent with our assertion that mantle melt is
preferentially stored and broadly distributed beneath second-order discontinuities.
Seismic imaging of crustal structure along the EPR (Bazin et al., 2003) and Lau
Spreading Centre (Dunn et al., 2013) identify anomalously broad axial magmatic systems
spanning OSCs, similar to that depicted in Figure 5c. Multi-channel seismic imaging
experiments from both the Lau Basin (Collier & Sinha, 1992) and the EPR (Kent et al.,
1993) also reveal that widespread crustal melt lenses are characteristic of these OSCs. In
contrast, away from tectonic discontinuities crustal magmatic systems are confined to
relatively narrow regions centred beneath the plate boundary (Dunn et al., 2000; 2013)
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and these systems are capped by relatively narrow axial magma lenses (Figure 5b; Collier
& Sinha, 1992; Kent et al., 1993). We attribute the observed increase in the width of
crustal magmatic systems near second-order offsets to vertical transport of magma from
laterally extensive regions of melt accumulation at shallow mantle depths. The
identification of frozen sub-Moho magma lenses found in association with migrating
offsets on the JdFR (Nedimović et al., 2005) and the prevalence of Moho-depth melt sills
near the 903’N OSC on the EPR (Crawford & Webb, 2002) further supports our
interpretation that second-order discontinuities are sites of enhanced mantle melt storage.
The maximum depth extent of the inferred region of melt storage must extend for several
kilometres given the seismic wavelength of Pn phases. Deeper mantle imaging (10-30 km
sub-Moho) of multiple non-transform discontinuities along the Lau Spreading Centre
reveals that the melt production region is uninterrupted across multiple ridge offsets (Zha
et al., 2014). Assuming these results are characteristic of other spreading centres, we
conclude that the retention of mantle melt beneath second-order offsets occurs within the
top few kilometres of the mantle.
For slow-spreading ridges our model of magmatic segmentation also predicts that
the distribution of shallow mantle melt is influenced by the geometry of tectonic
segmentation. As spreading rate decreases the morphologic expression of second-order
offsets changes from OSCs to oblique shear zones or non-transform offsets (Figure 1)
and the near-axis thermal structure will differ significantly. For example, the increased
age offset at the ends of slow-spreading segments results in a thicker axial lithosphere
and significant variations in the predicted along-axis mantle temperature (Neumann &
Forsyth, 1993). Thickened axial lithosphere will also inhibit the extraction of mantle
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melts (Cannat, 1996) and promote the migration of melt towards segment centres where
the lithosphere is predicted to be thinnest (Magde & Sparks, 1997). Consequently, alongaxis variations in crustal thickness are pronounced with the thickest crust located midsegment (Dunn et al., 2005; Hooft et al., 2000).
Between second-order tectonic discontinuities the results of seismic studies show
that as the spreading rate decreases the distribution of shallow mantle melt is increasingly
influenced by the segment-scale thermal structure of newly formed lithosphere. At the
fast-spreading EPR, where cross- and along-axis variations in thermal structure are least
pronounced for the global ridge system, both the azimuth of seismic anisotropy relative to
the spreading direction and the trend of the MLVZ with respect to the rise axis are
skewed coherently by similar amounts (Toomey et al., 2007). Furthermore, centres of
mantle melt delivery are spaced at intervals of ~25 km (Toomey et al., 2007) and
frequently occur midway between volcanic or third-order discontinuities (Macdonald et
al., 1988; Langmuir et al., 1986; Toomey et al., 2007; White et al., 2002). At the EPR, the
cross-axis offset between a centre of mantle melt delivery and the rise axis also correlates
with the intensity of rise crest volcanic, hydrothermal, and tectonic activity (Toomey et
al., 2007) and the distal ends of third-order segments may be associated with a decrease
in the efficiency of mantle melt extraction (Aghaei et al., 2014).
In contrast, a coherent skew of both seismic anisotropy and the MLVZ — and by
inference the direction of mantle divergence and the segment-scale shallow mantle
magmatic system — is not present beneath either the JdFR or the MAR (Dunn et al.,
2005). Instead, in each instance the mantle divergence direction is skewed with respect to
the plate-spreading direction, but the segment-scale trend of the MLVZ is either sub-
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parallel to that of the youngest and thinnest lithosphere (JdFR) or preferentially localized
beneath segment centres where lithosphere is also predicted to be thinnest (MAR; Dunn
et al., 2005; Hooft et al., 2000; Cannat, 1996). These results suggest that threedimensional, segment-scale variations in the thickness of near ridge lithosphere governs
the distribution of shallow mantle melt. We note that third-order segmentation is poorly
defined at the Endeavour segment (Karsten et al., 1990) and not identifiable along the
MAR (Carbotte et al., 2015). We speculate that only in regions where along- and crossaxis variations in near ridge lithospheric structure are minimal (e.g., EPR), will there be a
relation between centres of mantle magma supply and third-order segmentation.
Detailed geophysical studies of individual spreading segments support a new view
of the mid-ocean ridge system in which skewed asthenospheric flow contributes to plate
boundary reorganization. The resulting changes in relative plate motion are
accommodated through the formation and migration of tectonic offsets. These tectonic
discontinuities in turn perturb the axial thermal structure thus defining shallow mantle
and crustal magmatic segmentation. This view stands in contrast to the long-standing
hypothesis that mid-ocean ridge morphology reflects variations in mantle magma supply
from a passively driven asthenosphere. Our results have several implications for ridge
dynamics. At the scale of individual spreading segments, seismic images of the
uppermost mantle indicate crustal production is not solely a function of melt availability.
Rather, the dynamics of lithospheric rifting ultimately control the transfer of mass
between Earth’s interior and the seafloor. On the global scale, our results indicate that
tectonic segmentation across spreading rates shares a common origin related to evolving
patterns of asthenospheric flow. In this view, second-order tectonic discontinuities result
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from the transmission of viscous stresses from the asthenosphere to the lithosphere. We
speculate that the variability in the lengths of second-order ridge segments and the
geometry of their bounding offsets may reflect changes in the strength of axial
lithosphere as a function of spreading rate. Furthermore, we attribute the origin of skewed
asthenospheric flow beneath ridges to the global mantle flow field, which is largely
driven by sinking of oceanic lithosphere at subduction zones.
6.0 Bridge
Chapter II presented evidence for a systematic misalignment between the
direction of plate and mantle divergence that may exist globally beneath the mid-ocean
ridge system. Observations from fast-, intermediate-, and slow-spreading ridge segments
indicate that the orientation of mantle flow is rotated ahead of recent changes in plate
motion and is in effect contributing to changes plate velocity. Models of mantle
upwelling and the development of crystal preferred orientation in olivine predict that
mantle anisotropy created beneath the ridge is frozen into the lithosphere as material is
transported off axis thus preserving the paleo-geometry of mantle flow. In Chapter III, I
test whether the clockwise rotation in mantle flow inferred beneath the northern JdF ridge
has persisted over the last ~9 Myr by measuring the average anisotropic fabric of the JdF
plate interior. During this interval, the JdF plate motion has been rotating clockwise in a
hot-spot reference frame. The results prove inconclusive. I find evidence that, contrary to
model predictions, shallow mantle anisotropy reorganizes off-axis to more closely align
with absolute plate motion before freezing into the lithosphere. The pattern of flow at the
paleo-spreading center is obscured.
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CHAPTER III
SHALLOW MANTLE ANISOTROPY BENEATH THE JUAN DE FUCA PLATE
From VanderBeek, B. P., & Toomey, D. R. (2017). Shallow mantle anisotropy
beneath the Juan de Fuca plate. Geophysical Research Letters, 44(22).

1.0 Introduction
The time-integrated deformation of the upper oceanic mantle is recorded by the
lattice preferred orientation (LPO) of olivine crystals. Olivine LPO produces a directional
dependence to seismic wave speeds that is used to infer patterns in mantle flow (Nicolas
& Christensen, 1987; Becker et al., 2006; Karato et al., 2008). The seismic anisotropic
fabric of the oceanic mantle lithosphere has long been interpreted as the frozen-in signal
of passive mantle upwelling beneath mid-ocean ridges (Hess, 1964; Francis, 1969;
Morris et al., 1969; Nicolas & Violette, 1982; Gaherty et al., 2004; Song & Kim, 2012;
Becker et al., 2014; Lin et al., 2016). In this view, the divergence of mantle material
beneath the ridge axis aligns the fast propagation direction of olivine in the direction of
spreading. This alignment is presumed to be frozen into the lithosphere with little
subsequent deformation off-axis. However, significant misalignment between the
orientation of frozen-in lithospheric anisotropy and the direction of spreading (hereafter
referred to as ‘skew’) exists globally (e.g. Becker et al., 2014). We present seismic
evidence that skewed mantle anisotropic fabric exists within ~10 km of the Mohorovičić
discontinuity (Moho) beneath the Juan de Fuca (JdF) plate. We suggest that deformation
at shallow mantle depths continues away from the plate boundary and acts to reorient
olivine LPO to more closely align with the ambient mantle flow direction. This result has
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implications for the development of mineral fabrics and interpretation of seismic
anisotropy in the oceanic lithosphere.
2.0 Data and Methods
We use the arrivals times of Pn phases (seismic energy scattered through the
lithosphere) generated by regional earthquakes to image uppermost mantle anisotropy at
the scale of the JdF plate. Seismic data are recorded on the vertical channels of the yearthree deployment of Cascadia Initiative ocean bottom seismometers (OBSs) and a
complementary array of OBSs located along the Blanco Transform Fault (Figure 1;
Toomey et al., 2014). The year-three array provides complete coverage of the JdF plate
as well as the necessary coverage of the Blanco Transform region to accurately relocate
Blanco events. Our data set comprises 757 Pn arrival times from 35 Blanco earthquakes
(Figure 1) with reported magnitudes between 2.8 and 5.1. All seismic records were
acquired through the Incorporated Research Institutions for Seismology (IRIS).
Figure 1. Bathymetric map of the study area
with the locations of OBSs (yellow circles)
and catalogued earthquake locations (red
circles) used in our analysis. Blue arrows
show the orientation of Pn anisotropy
beneath the JdF plate interior and in the
Blanco Transform Fault region (BTF;
outlined by blue box) measured in this
study. The orientation of mantle anisotropy
from Pn travel-times measured beneath the
northern JdF Ridge (green arrow;
VanderBeek et al., 2016) and from SKS
splits measured beneath the plate interior
and the BTF region (red arrows; Bodmer et
al., 2015) are also shown. White and black
arrows parallel Pacific and JdF APM and
JdF-Pacific RPM, respectively. The solid
and dashed black lines identify the JdF
Ridge-transform system and the Cascadia
subduction zone, respectively.
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The Pn waveforms (Figure 2a-b) are characterized by high frequency content
(>10 Hz) and a gradual increase in amplitude over ~1 s followed by a long and complex
coda that decays slowly after many 10’s of seconds (Shito et al., 2013). The emergent
nature of the Pn phase makes accurately and consistently picking onset times challenging.
Therefore, we employ an automated picking method like that of Shintaku et al. (2014) in
which a linear profile is fit to the smoothed logarithm of the bandpass filtered (5-10 Hz)
seismograms. This method takes advantage of the prominent ramp-up in amplitude
observed at the arrival of Pn (Figure 2c-d). The onset of this ramp is taken as a proxy for
the true first arrival time. Our picking procedure is illustrated in Figure 2 and described in
detail in Appendix B, Text S1. All data are visually inspected, checked for picking errors,
and prescribed user-defined relative uncertainties.

Figure 2. (a) Impulsive and (b) emergent Pn waveforms recorded on the vertical channel of Cascadia
Initiative OBSs. Both arrivals originated from the same earthquake and propagate at similar azimuths. The
impulsive arrival was recorded at a range of 102 km while the emergent waveform was recorded at a range
of 221 km. The red bars fall on the auto-picked arrival time which is aligned on 0 s. In (c) and (d) we plot
the smoothed natural log of the above seismograms. The Pn arrival time is identified by fitting a linear profile
as defined by the parameters t0, y0, t1, and y1 identified in (c). The result from the first iteration of our autopicker is shown by the blue line while the final (tenth) iteration is shown in red. The dashed grey line identifies
the initial linear profile. See Appendix B, Text S1 for further discussion.

We use Pn arrival times to perform a weighted least-squares inversion for
earthquake epicentral parameters and plate-scale mantle anisotropic velocity. For the
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forward problem, ray theoretical travel-times are predicted analytically assuming a
constant source depth and a two-layer velocity model. Based on the centroid depth
distributions presented by Braunmiller and Nábělek (2008), we prescribe all earthquakes
a depth of 6 km beneath the seafloor. We assume a constant 6 km thick crust with a
velocity of 6 km/s. These values are representative of the mean JdF plate crustal structure
presented by Horning et al. (2016). Predicted travel-times are adjusted for sediment
thickness variations which can be pronounced (upwards of 1000 m; Divins, 2003; Ruan
et al., 2014; Bell et al., 2015). Where available, the sediment thickness beneath each
station is taken from the surface wave study of Bell et al. (2015), otherwise values are
interpolated from the sediment thickness map of Divins (2003). The travel-time through
the sediment column is calculated assuming a vertical ray path. The P-wave velocity
profile is derived from the measured shear velocity structure of Cascadia sediments
(Ruan et al., 2014) and P-to-S-wave speed ratios for marine sediments (Hamilton, 1979).
We also include damped station static terms in our inversion for epicentral parameters
such that adjustments to the a priori corrections are allowed but large deviations from the
initial corrections are penalized.
Upper mantle azimuthal anisotropy is well-described by a periodic function
consisting of 2𝜃 and 4𝜃 terms (Backus, 1965; Morris et al., 1969; Becker, 2006).
However, in our analysis of Pn anisotropy we find that the 4𝜃 terms are not required to fit
the data. Therefore, in our estimates of mantle anisotropy we chose to fit a function of the
form
𝑉 = 𝛼0 + 𝛼1 cos(2𝜃) + 𝛼2 sin(2𝜃)
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(1)

to azimuthal variations in mantle velocities derived from Pn travel-time residuals. In
Equation 1 ‘𝜃’ is the source-receiver azimuth, ‘𝛼0’ is the mean mantle velocity, and ‘𝛼1’
and ‘𝛼2’ control the magnitude and orientation of anisotropy. To minimize the effects of
isotropic heterogeneity on our estimate of mantle anisotropy, we bin the mantle velocities
as a function of azimuth at 20° intervals. Errors in the mean velocity for each bin are
estimated using a Student’s t-test with a 95% confidence interval and are used to weight
the least-squares fit of Equation 1 to the data.
3.0 Results
In our investigation of upper mantle anisotropy, we allow for two anisotropic
domains (see Appendix B, Text S2); (1) the Blanco transform region consisting of all Pn
arrivals recorded by stations located within 180 km of Blanco events (Appendix B,
Figure S1a) and (2) the plate interior domain consisting of all Pn arrivals with ray paths
that are confined to the JdF plate (Appendix B, Figure S1b). We jointly invert for the
epicentral and anisotropic parameters using the Blanco domain dataset. Our preferred
relocation solution is shown in Figure 3. We find that the cataloged earthquake locations
are systematically shifted northeast of the Blanco Transform Fault by ~30 km. These
results agree with those from the more detailed seismicity study of Braunmiller and
Nábělek (2008). The revised locations correlate well with tectonically active segments of
the Blanco Transform Fault (Embly & Wilson, 1992). The Blanco dataset is best
characterized by 4.8% ± 0.2% velocity anisotropy with a fast-axis azimuth of 90º ± 6º
and mean mantle velocity of 7.85 km/s ± 0.03 km/s. Using our preferred relocation
solution (Figure 3), azimuthal variations in mantle velocities derived from the JdF plate
interior dataset show a clear cos2𝜃-pattern with a magnitude of 4.6% ± 0.4% and fast-
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axis azimuth of 87º ± 3º (Figure 4a). The mean mantle velocity is 7.85 km/s ± 0.02 km/s.
The errors reported reflect the 1𝜎-uncertainty as determined via grid-search (Appendix B,
Figure S2). The weighted root mean square of the travel-time residuals for the Blanco
and plate interior datasets are 195 ms and 416 ms (variance reduction of 99.8% and
61.2% with respect to the starting models), respectively (Appendix B, Text S3; Figures
S3). For comparison, passive source Pn tomography studies (e.g., Hearn, 1991; Pei et al.,
2007) typically fit travel-time data to >700 ms, albeit such studies are on a larger scale
and conducted in tectonically more complex continental regions. See Appendix B, Text
S3 for further discussion of the models. As discussed in Appendix B, Text S3, our
preferred solution is stable with respect to our choice of inversion parameters, the crustal
velocity model, sediment thickness variations, source depth, station statics (Appendix B,
Figure S4), and potential influence of 2D velocity heterogeneity (Appendix B, Figure S5)
caused by variations in mantle temperature (Karato, 1993).

Figure 3. Map of the relocated Blanco events. Red ellipses outline the 1𝜎 uncertainty
contour in the event positions and are determined via a grid-search over perturbations to
the preferred epicenter locations using an F-test (see Appendix B, Text S3). Black quivers
point back to the initial catalogued earthquake locations. Solid black lines identify
currently active lengths of the plate boundary and the dashed black line identifies inactive
sections of the Blanco Transform Fault (Embley & Wilson, 1992).

26

Figure 4. (a) Mantle velocities estimated from the plate interior travel-times plotted as a function of ray
azimuth. Mantle velocities are binned at 20° intervals (grey points are non-binned measurements). The error
bars show the 95% confidence interval in each bin as determined by a Student’s t-test. The solid line is the
best-fit cos2𝜃-curve. The best-fit azimuth of seismic anisotropy is 87° ± 3°. The mean mantle velocity and
percent anisotropy is 7.85 km/s ± 0.05 km/s and 4.7% ± 0.2%, respectively. Uncertainties are estimated via
a grid-search (see Appendix B, Text S3). The dashed black and red lines show the mean paleo-spreading
direction (Riddihough, 1984) and the plate interior fast SKS polarization direction (Bodmer et al., 2015),
respectively. (b) The fast-axis orientation of mantle anisotropy measured beneath the northern JdF Ridge
(green arrow; VanderBeek et al., 2016) and the JdF plate interior from Pn travel-times (blue arrow) and SKS
splits (red arrow; Bodmer et al., 2015). The length of each arrow correlates with the approximate depth
sensitivity of each measurement (log scale). The grey region encompasses the range in orientations of JdF
APM over the last ~7 Myr in a hotspot reference frame (Riddihough, 1984). Solid and dashed black lines
show the present and past orientations of Pacific-JdF RPM, respectively.

Remarkably, neither the Blanco nor the plate interior data subsets record a mantle
anisotropic fabric that aligns with the mean paleo-spreading direction (Riddihough, 1984;
Wilson, 1988) sampled (101º and 105º, respectively; see Appendix B, Text S4). Instead,
the fast propagation directions are skewed 11º (Blanco domain) and 18º (plate interior
domain) counterclockwise from past Pacific-JdF relative plate motion (RPM). Given the
frequency (5-10Hz) and range (~200 km) of the Pn arrivals used in this study, the
anisotropic signals recovered reflect mantle structure shallower than ~10 km beneath the
Moho (Zhang et al., 2007).
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4.0 Discussion
We synthesize our plate-average Pn anisotropy measurement with previous
studies of seismic anisotropy beneath the JdF Ridge (VanderBeek et al., 2016) and across
the JdF plate (Bodmer et al., 2015; Martin-Short et al., 2015). These complementary
observations allow us to infer possible scenarios for the depth- and age-dependence of
mantle anisotropy. Using Pn arrival times from an active source seismic experiment
located on the northern JdF Ridge, VanderBeek et al. (2016) mapped the topmost mantle
(<4 km beneath the Moho) seismic anisotropic fabric at young seafloor ages (0 to ~770
kyr). They found 4.7% ± 0.4% mantle anisotropy with a fast propagation direction rotated
12º ± 1º clockwise from JdF-Pacific RPM (Figure 1, 4b). Analysis of SKS splits (Bodmer
et al., 2015; Martin-Short et al., 2015) show that the depth-averaged (seafloor to ~100200 km) orientation of mantle anisotropy abruptly transitions from a poorly-defined
pattern beneath the spreading center to a coherent orientation that is sub-parallel to JdF
absolute plate motion (APM) within 50-100 km of the plate boundary (Figure 1, 4b).
Notably, Bodmer et al. (2015) find that SKS splitting orientations beneath the plate
interior are systematically rotated ~25º clockwise from APM (Figure 4b).
Our plate-average Pn anisotropy measurement records a fabric that strikes
between these observations and trends counterclockwise to the paleo-spreading direction,
toward JdF APM (Figure 4b). This plate-averaged anisotropy reflects mantle structure at
depths up to ~2x greater than the sensitivity of the ridge Pn observation and at
considerably shallower depths than the sensitivity of SKS splits (Figure 4b). Following
from these observations, we infer that mantle anisotropic fabrics created within ~10 km
of the Moho beneath the ridge realign toward the SKS fast polarization direction as they
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are transported off-axis. Alternatively, the counterclockwise rotation of plate-averaged Pn
anisotropy with respect to JdF-Pacific RPM could have been generated by deformation
beneath the ridge without further off-axis modification. However, this suggestion is
inconsistent with the JdF Ridge measurement which exhibits the opposite sense of
rotation (Figure 4b; VanderBeek et al., 2016). Therefore, we favor the former
interpretation that topmost mantle anisotropy reorganizes before being frozen into the
lithosphere.
Our preferred interpretation is consistent with the mechanisms of deformation
thought to be active in the oceanic mantle. It is well established that seismic anisotropy in
the oceanic mantle results from olivine LPO (Hess, 1964; Nicolas & Violette, 1982;
Nicolas & Christensen, 1987; Zhang & Karato, 1995; Becker et al., 2006; Karato et al.,
2008). At lithospheric depths, this fabric is typically attributed to the frozen-in signal of
corner flow at the paleo-spreading center (Francis, 1969; Morris et al., 1969; Nicolas &
Violette, 1982; Gaherty et al., 2004; Song & Kim, 2012; Becker et al., 2014; Lin et al.,
2016), where the divergence of mantle material is expected to align the seismically fastaxis of P-wave propagation in olivine (the crystallographic a-axis) in the direction of
spreading (Ribe, 1989; Blackman & Kendall, 2002). Away from a spreading center,
upper mantle deformation is thought to be dominated by the differential motion between
the plate and deeper mantle. This is supported by numerical modeling (Tommasi et al.,
1998; Rümpker et al. 1999), SKS splitting observations (Wolfe & Solomon 1998;
Bodmer et al., 2015; Martin-Short et al., 2015), and surface wave tomography studies
(Becker et al., 2014 and references therein) that show that the fast polarization directions
of seismic waves align sub-parallel to predicted APMs. At some depth and distance from
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the ridge, the mantle flow field, and consequently the anisotropic fabric, should transition
between a deformational regime dominated by RPM near a spreading center to one
dominated by APM beneath older oceanic lithosphere. We suggest that the plateaveraged Pn anisotropy signal records the occurrence of this transition within the topmost
mantle beneath the JdF plate.
Our interpretation implies that topmost mantle anisotropy is influenced by both
the paleo-RPM at the spreading center and the paleo-APM of the plate to which the
mantle material is accreted. This requires that gradients in the mantle flow field exist at
shallow depths as the plate ages such that olivine LPO continues to evolve. The halfspace cooling model predicts that the upper 10 km of the mantle will be incorporated into
the lithosphere between ~0.5 Myr and ~2.5 Myr. If we assume that deformation due to
the motion of the JdF plate (N40ºE at 19 km/Myr; Gripp & Gordon, 2002) is
accommodated via simple shear that is evenly distributed over a 100 km-thick
asthenospheric channel, then mantle within 10 km of the Moho will have accumulated
between 0.10 and 0.47 strain before being frozen into the lithosphere. If deformation is
more concentrated toward the top of the asthenosphere, the accumulated strain would be
greater.
Our estimate of off-axis strain accumulation is appreciable in comparison to
strains required for olivine fabric development. Field (Warren et al., 2008), experimental
(Boneh & Skemer, 2014), and numerical (Boneh et al., 2015) studies show that welldefined olivine LPO may reorganize at strains < ~1 when pre-existing fabrics are exposed
to a new deformational regime (e.g. a change from RPM- to APM-influenced
deformation as discussed here). Additionally, the coherent alignment of SKS splits
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subparallel to JdF APM within 50-100 km of the ridge (Bodmer et al., 2015) suggest that
strain accumulation in the upper mantle is sufficient to create seismically detectable
fabrics within 1.8-3.8 Myr (assuming a half-spreading rate of 28 km/Myr; Gripp &
Gordon, 2002). Thus, it seems plausible that partial realignment of topmost mantle
mineral fabrics may occur before this material is incorporated into the lithosphere. In
general, for ridges migrating obliquely to their spreading direction, we may expect
seismic anisotropy in older oceanic lithosphere to rarely align with paleo-spreading
directions.
Seismic anisotropy measurements in the oceanic lithosphere away from spreading
centers yields many observations of skew between the seismically fast propagation and
paleo-spreading directions (Morris et al., 1969; Raitt et al., 1969; Shearer & Orcutt 1986;
Shintaku et al., 2014; Takeo et al., 2016). While the magnitude of skew observed in these
studies is typically >10° and exceeds the measurement error, its significance is not
always discussed. Larger scale lithospheric imaging (i.e. averaged over the upper 50 km
of the mantle) from global surface wave tomography studies reveals that the magnitude
of skew in the oceans is on average 25° (Becker et al., 2014 and references therein).
Furthermore, the degree of skew varies geographically and correlates negatively with
spreading rate (Becker et al., 2014). Such non-random variations in the misfit between
paleo-spreading orientations and seismic anisotropic structure likely hold geodynamic
significance. We infer that the globally observed patterns in skew may be related to the
misalignment between spreading directions and absolute plate velocities, which vary in
both time and space (Williams et al., 2016). Comparison of shallow mantle anisotropy
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measurements with paleo-spreading directions and paleo-APM models could provide a
first-order test of this hypothesis.
With a magnitude of 4.6%, the percent anisotropy beneath the JdF plate falls
between values characteristic of slow- (3-4%) and fast-spreading (6-7%) environments
(Gaherty et al., 2004; Toomey et al., 2007; Song & Kim, 2012; Shintaku et al., 2014;
Takeo et al., 2016). We speculate that the positive correlation between spreading rate and
percent mantle anisotropy may be related to the partial off-axis realignment of olivine
LPO. Recent numerical (Boneh et al., 2015) and experimental (Boneh & Skemer, 2014)
studies demonstrate that when pre-existing olivine fabrics begin to reorganize (i.e. strains
< 1) due to a change in deformation geometry, the resulting fabric may experience
transient states characterized by weaker mineral alignment. Therefore, if olivine LPO in
the uppermost mantle begins to realign toward APM off-axis but cooling acts to limit the
total strain accumulation, then we expect that less vertically coherent fabrics and weaker
azimuthal anisotropy may result as spreading rate decreases. This mechanism is distinct
from, but not mutually exclusive to, the hypothesis that the dip of olivine a-axes from
horizontal control the magnitude of anisotropy as a function of spreading rate (e.g., Ribe,
1989; Gaherty et al., 2004; Song & Kim, 2012). We note that the work of Boneh and
Skemer (2014) and Boneh et al. (2015) mainly explores deformation under axial
compression rather than simple shear and different geometries of deformation may yield
a different textural evolution. Further studies of oceanic lithosphere anisotropy, the
influence of deformation history on olivine LPO development, and the effects of ridge
migration in three-dimensions will be required to better understand the spreading rate and
age dependence of seismic anisotropy.
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Unlike the Pn anisotropic structure beneath the plate interior, the clockwise skew
of SKS splits with respect to JdF APM (Bodmer et al., 2015) and of near-ridge Pn
anisotropy (VanderBeek et al., 2016) with respect to JdF-Pacific RPM cannot be
explained through plate motions alone. In both locations, the seismically inferred
directions of mantle flow are rotated ahead of recent clockwise changes in JdF plate
velocity (Figure 4b; Riddihough, 1984; Wilson, 1988). One explanation is that the
present-day JdF plate motion is lagging behind a more rapidly evolving mantle flow
field; see VanderBeek et al. (2016) for discussion. In this case, flow in the mantle may
actively be driving changes in plate velocity (Toomey et al., 2007; VanderBeek et al.,
2016). This situation may not be unique to Cascadia. There is emerging evidence that
skewed mantle seismic anisotropy patterns are a common phenomenon within the
oceanic mantle (Dunn et al., 2005; Toomey et al., 2007; VanderBeek et al., 2016; Lin et
al., 2016). It remains to be understood to what extent mantle flow actively drives, as
opposed to passively resists, overlying tectonic processes.
5.0 Conclusion
It is often assumed that seismic anisotropy in the topmost oceanic mantle reflects
the upwelling and divergence of mantle material beneath the ridge axis with little
subsequent deformation as the plate ages. However, our observations of Pn anisotropy
beneath the JdF plate suggest that mantle deformation within ~10 km of the Moho may
persist away from the spreading center causing olivine LPO to align from RPM toward
APM. Thus, Pn anisotropy measurements may record both paleo-RPM and paleo-APM.
The extent to which the uppermost mantle anisotropic fabric realigns toward APM will
largely depend on the rheologic evolution of the upper mantle with time. Therefore,
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measurements of Pn anisotropy may provide a useful constraint on the development of
mineral fabrics and rheologic properties of the uppermost mantle in future geodynamic
models.
6.0 Bridge
Chapter III investigated the anisotropic structure of the JdF plate interior but did
not resolve spatial variations in mantle structure. In Chapter IV, I extend the tomographic
imaging method used in Chapter II to include the inversion of local earthquake arrival
times for hypocentral parameters and velocity heterogeneity. The method is used to study
the temporal evolution of the JdF plate and fragmenting Gorda plate. The importance of
conductive cooling versus mantle alteration by fracturing and hydration in controlling
plate velocities is discussed.
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CHAPTER IV
PN TOMOGRAPHY OF THE JUAN DE FUCA AND GORDA PLATES:
IMPLICATIONS FOR MANTLE DEFORMATION AND HYDRATION IN THE
OCEANIC LITHOSHPERE
This chapter is in preparation for publication with Douglas R. Toomey. I
performed all the data analysis and wrote the text. Douglas R. Toomey provided input on
my interpretation of the results and provided edits on my initial draft of this chapter.
1.0 Introduction
Water is recycled back into Earth's mantle primarily along the global subduction
system where it is released from the sinking lithosphere through a series of dehydration
reactions (e.g., Faccenda, 2014). Owing to the large water storage capacity and stability
of hydrated mantle phases (most notably serpentine), the mantle lithosphere is potentially
the largest (by volume) water reservoir for subducted fluids and a primary source for
fluid delivery to sub-arc depths (Hacker et al. 2003a; Faccenda, 2014; Abers et al., 2017).
Mantle-hosted fluids expelled from the descending plate may contribute to the hydration
of the mantle wedge thus influencing the seismic behavior of the plate interface (e.g.,
Peacock & Hyndman, 1999) and the production of melts that supply arc volcanism (van
Keken et al., 2004; Walowski et al., 2015). Fluid release from subducting slabs is also
implicated in the generation of intraslab earthquakes (Hacker et al., 2003b; Korenaga,
2017). Despite the significance of water storage in oceanic slabs to a number of
geodynamic processes, the volume of water in the mantle remains poorly constrained
with estimates ranging from dry to 4 wt. % (Faccenda, 2014; Canales et al., 2017). Even
less is known about the spatial and temporal variations in plate hydration and the
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relationship of such heterogeneity to arc-parallel changes in tectonic and magmatic
processes. This is in part due to a lack of seafloor instrumentation. Constraints on the
physical state of oceanic lithosphere come primarily from 2D reflection/refraction
profiles (e.g., Lizarralde et al., 2004; Shillington et al., 2015; Horning et al., 2016;
Canales et al., 2017) and a small number of 3D seismic deployments over geographically
limited areas (e.g., Dunn et al., 2005; Toomey et al., 2007; VanderBeek et al., 2016).
Available observations suggest that the hydration state of the oceanic plate prior to
subduction is highly heterogeneous and is shaped by its tectonic history (Horning et al.,
2016; Paulatto et al., 2017; Han et al., 2018). The Cascadia Intiative (CI) experiment
(Toomey et al., 2014; Figure 1a) provides a unique opportunity to study the evolution of
an entire oceanic plate from accretion to subduction. Here we use the arrival times of
local earthquake P-waves guided through the mantle lithosphere (Pn phase) and recorded
by CI seismometers to investigate the thermal evolution and physical properties of the
uppermost mantle offshore Cascadia.
The Cascadia subduction system is the archetype of a warm-slab subduction zone.
Prior to subduction, the plate remains <10 Myr old which has lead to the inference of a
largely dry lithosphere particularly at sub-Moho depths where elevated temperatures limit
the depth extent of brittle deformation. Indeed, recent estimates of JdF mantle hydration
from 2D refraction imaging indicate less than 0.25 wt% H2O within the uppermost 1 km
of mantle (Horning et al., 2016; Canales et al., 2017). A relatively dry subducting slab is
also consistent with a general lack of deep intraslab seismicity (McCrory et al., 2012) and
eruption of dry arc magmas (Ruscitto et al., 2010; Walowski et al., 2015). However, two
sources for locally enhanced water storage have been recognized with potential
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implications for seismicity and volcanism in Cascadia. These are the V-shaped
propagator wakes that extend across the JdF plate and the pervasive faulting within the
Gorda Deformation Zone (GDZ; Figure 1). The propagator wakes are more heavily
fractured regions of seafloor formed between non-transform offsets along the mid-ocean
ridge (Wilson et al., 1984). As heavily tectonized features, they may provide a greater
density of pathways for fluid circulation resulting in local hydration anomalies that may
influence subduction zone procsses (Han et al., 2016; Horning et al., 2016; Han et al.,
2018). Abundant seismicity and deformed seafloor magnetic and basement lineations
(Figure 1) has lead to the speculation that the GDZ may also be a lithospheric hydration
anomaly (Nedimović et al., 2009; Walowski et al., 2015; Canales et al., 2017). Extensive
hydration of the Gorda lithosphere could explain the compositions of southern Cascade
arc magmas, which Walowiski et al. (2015) suggests are sourced from slab melting
assisted by a wet (2 wt. % H2O) slab mantle.
In Cascadia, available constraints on the physical properties of the oceanic mantle
lithosphere are spatially limited and exist only for the JdF plate (e.g., Horning et al.,
2016; Canales et al., 2017). Thus, it is unclear whether propagator wakes represent platewide hydration features and how deformation of the young Gorda plate manifests at subMoho depths. To address these issues, we present images of P-wave velocity of the
mantle lithosphere offshore Cascadia. Our seismic images suggest that propagator wakes
are not spatially uniform zones of low P-wave speeds (Vp) and thus alteration inferred
from previous studies is likely heterogeneous within these features. We find that, despite
extensive faulting within the GDZ, mantle P-wave speeds beneath Gorda are remarkably
consistent with a conductively cooling lithosphere and thus do not require pervasive
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hydration of the uppermost mantle. Limited deformation at mantle depths is supported by
seismic anisotropy measurements that show the fast-direction of P-wave propagation
rotates in concert with the magnetic anomaly lineations. This rotation may be explained
by local plate kinematics without internal deformation.
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Figure 1. (a) The location of CI OBSs (yellow circles) used in this study are plotted over bathymetry. Bold
white arrows define absolute plate velocities (DeMetset al., 2010). Geologic features are labeled. (b) Age of
the oceanic lithosphere from Wilson (1993) is contoured in 1 Myr intervals and overlaid by seismicity
recorded during the CI 4-year deployment. Epicenters published by the USGS, ISC, USArray Network
Facility, and PNSN are plotted as light gray dots. Offshore microseismicity and Cascadia subduction zone
related events are shown as blue and black points, respectively (Stone et al., 2018). Transparent gray bands
outline regions of oceanic lithosphere disrupted by propagating ridge offsets (Wilson, 1993). Active ridge
segments and transform faults are shown as black lines (Embly & Wilson, 1992). Toothed line shows the
Cascadia subduction zone. Inactive plate boundaries are shown by dashed black lines. Dotted lines shows the
inferred boundary between the rigidly behaving NGP and internally deforming GDZ from Wilson (1989).
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2.0 Geologic Setting
Offshore of North America's Pacific northwest, the last remnants of the Farallon
plate are subducting beneath North America (Figure 1). New oceanic lithosphere is being
accreted primarily along two spreading systems, the Gorda Ridge in southern Cascadia
and the JdF Ridge to the north which are separated by the Blanco Transform Fault (TF);
the Mendocino TF defines the boundary between the Gorda region and Pacific plate.
While the Gorda lithosphere is often considered separate from the JdF plate, there is no
single fault that defines their boundary. There is an abrupt transition from undeformed to
deformed seafloor and magnetic lineations that strikes northwest-southeast (Figure 1).
We refer to oceanic lithosphere south of this line as the GDZ. For ease of reference, we
refer to oceanic lithosphere north of the GDZ and south of the Blanco TF as the Northern
Gorda plate (NGP) although this region may be considered (at least kinematically) as part
of the JdF plate (Wilson, 1993). The proximity of the Gorda and JdF ridges to the North
American plate boundary results in the subduction of some of the world's youngest (< 10
Myr) lithosphere. To the south, the Mendocino and San Andreas TFs intersect the
Cascadia subduction zone to form the kinematically unstable Mendocino Triple Junction
(MTJ) which is migrating northward leaving in its wake a slabless gap (Dickinson &
Snyder, 1979; Furlong & Schwartz, 2004).
The unique plate boundary configuration in southern Cascadia results in extensive
deformation of the Gorda lithosphere. The east-west trending Mendocino TF is
kinematically inconsistent with the relative motion of the Pacific and JdF plates which
currently diverge at an orientation of ~110° and full rate of 56 mm/yr (Riddihough, 1984;
Wilson, 1989). This geometry results in north-south compression that appears to be
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distributed across the the GDZ. As evidenced by the sinuous pattern of magnetic (Wilson,
1989; 1993) and basement lineations (Dziak et al., 2001) and abundant intra-plate
seismicity (Fox et al., 2004; Dziak et al., 2011), deformation is distributed throughout the
GDZ with little to no deformation extending westward onto the Pacific plate.
Deformation within the GDZ initiated due to a clockwise change in Pacific-JdF RPM at
~5 Myr followed by a decrease in spreading rate at ~3 Myr (Wilson 1986; 1989).
A number of models have been proposed to explain the space problem created by
the plate boundary geometry in southern Cascadia. These models often invoke large-scale
right-lateral strike-slip faults that facilitate clockwise rotation of rigid blocks (e.g. review
by Stoddard et al., 1991; Gulick et al., 2001). However, analysis of focal mechanism and
high-resolution bathymetry suggest that the Gorda plate is deforming non-rigidly through
flexural slip along ridge normal faults that have been reactivated as left-lateral strike-slip
faults (Chaytor et al., 2004). Furthermore, seafloor fabrics tend to vary smoothly
throughout the Gorda plate without any distinct right-lateral offsets (Dziak et al., 2001;
Chaytor et al., 2004). Compression across the Mendocino TF may also result in flexural
folding of the lithosphere as suggested by northwest-southeast trending linear basins
(Dziak et al., 2001; Figure 1a). This folding may extend into the subducted Gorda slab
which appears to be buckling under northern California (McCrory et al., 2012).
Alternatively, the prominent northern linear basin near the GDZ-NGP boundary may be
related to a right-lateral shear zone at depth, which Wilson (1989) speculated gives rise to
the kinked seafloor fabric and magnetic anomalies at the GDZ-NGP boundary. At
asthenospheric depths, Bodmer et al. (2015) interpret shear wave splitting parallel to
Pacific-JdF RPM as evidence that upper mantle deformation beneath the Gorda region is
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controlled by the relative motion of the surrounding plates rather than by simple shear
induced by the motion of the Gorda lithosphere over the asthenosphere. The style of
deformation at shallower mantle depths and its relationship to overlying brittle crustal
deformation and deeper mantle flow patterns remains unclear.
In contrast to the GDZ, the JdF plate behaves rigidly with seismicity concentrated
primarily along the JdF ridge, Blanco TF, and outer rise (Figure 1b). Unlike the GDZ,
shear wave splitting measurements beneath the JdF plate interior (Bodmer et al., 2015;
Martin-Short et al., 2015) align sub-parallel to overlying plate motion. The JdF plate is
not without tectonic complexities. Several large V-shaped propagator wakes disrupt the
seafloor age progression (Figure 1b) as well as the structure of the lithosphere. Active
source studies have identified anomalously slow crustal and uppermost mantle velocities
beneath seafloor disrupted by migrating ridge offsets interpreted as regions of increased
plate hydration (Weekly et al., 2014; Soule et al., 2016; Han et al., 2016; Horning et al.,
2016). In reflection studies, propagator wakes often appear as regions of anomalous
crustal and mantle reflectivity (Nedimović et al., 2005; Han et al., 2016; 2018). Crust
formed within and near tectonic offsets may also be compositionally distinct as suggested
by generally more evolved basalt compositions (Sinton et al., 1983; Wanless et al., 2012)
and denser crust (Toomey & Hooft, 2008; Marjanović et al., 2011). The Blanco TF may
have inherited similar structures as it was formed via the amalgamation of multiple
southward propagating tectonic offsets at ~6 Myr (Embly & Wilson, 1992; Wilson,
1993). The spatial and depth extent to which tectonic offsets influence plate structure is
largely unknown as their structure is primarily constrained by 2D reflection/refraction
profiles.
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While the spreading rates along the JdF and N. Gorda ridge are similar, the JdF
ridge is characterized by an axial high with a narrow and shallow axial graben while the
Gorda ridge has a slow-spreading morphology defined by a deep axial valley (Hooft &
Detrick, 1995). Spreading rate varies substantially along the Gorda ridge from ~56 mm/yr
at the northern end to ~20 mm/yr at the intersection with the Mendocino TF (Riddihough,
1984; Wilson, 1993). Accompanying this decrease in spreading rate is an increase in the
width and depth of the axial valley. The entire Gorda ridge is characterized by
compositionally diverse but generally enriched basalt compositions erupted from isolated
and small volume lava flows (Davis & Clague, 1987; Chadwick et al., 1998; Davis et al.,
2008). Despite surficial evidence of limited magma input, body (Byrnes et al., 2017) and
surface wave (Bell et al., 2016) tomography reveals a broad region of low shear-wave
velocity (Vs) in the upper 200 km of the mantle that is located near the Gorda Ridge and
extends across the Gorda plate. The Gorda upper mantle is also a region of high seismic
attenuation (Eilon & Abers, 2017). The reduced Vs and high attenuation has been
attributed to the presence of low degrees (~0.5-2%) of partial melt (Byrnes et al., 2017;
Eilon & Abers, 2017). It is unknown how an apparently broad region of mantle upwelling
and melting relates to a seemingly melt-poor axial magmatic system or influences the
evolution of the Gorda lithosphere.
3.0 Data and Methods
3.1 Data and Arrival Time Measurement
We measure P-wave arrivals times from local earthquakes recorded by Cascadia
Initiative ocean bottom seismometers (OBSs) and by two complimentary arrays of OBSs
covering the Blanco TF and the Gorda Plate (Figure 1a; Toomey et al., 2014). We use

42

Cascadia Initiative data from deployment years 2-4 (July 2012 - August 2013; August
2013 - July 2014; July 2014 - October 2015). The distribution of OBSs from the year 1
deployment (July 2011 - July 2012) do not provide adequate coverage of the Blanco
Transform Fault or Gorda region—the main centers of seismicity—for earthquake
relocation. All seismic records were acquired through the Incorporated Research
Institutions for Seismology Data Management Center (IRIS-DMC). Events analyzed in
this study were selected from catalogs published by the United States Geological Survey
(USGS), International Seismological Center (ISC), USArray Network Facility, and the
Pacific Northwest Seismic Network (PNSN).
Over the operational period of the OBS deployments, a total of 831 events located
within the experiment footprint were identified in the aforementioned catalogs (Figure
1b). Reported magnitudes vary between 1.57 and 6.9. The majority of these events cluster
around the MTJ. Seismicity is clearly concentrated within the southern half of the study
region. While offshore northern Cascadia is seismically active, particularly near the
Explorer plate (Dziak, 2006), much of this seismicity is located outside the seismic array
and, consequently, not considered in the present analysis.
Clear P arrivals are recorded at distances up to 600 km. We consider the majority
of these arrivals to be Pn given the waveform characteristics, though some close-range
arrivals are likely crustal P-wave refractions. The Pn phase is distinguishable by its high
frequency content (3-30 Hz), typically emergent onset, long complex coda, and a moveout velocity around 8 km/s. Scattering, likely from elongate lithospheric heterogeneities,
in combination with sediment and water column reverberations generates an emergent
waveform with a coda that decays slowly over many 10's of seconds (Sereno & Orcutt,
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1985; Kennett & Furumura, 2013; 2015). Scattering near the source region may also
obscure the polarity of the Pn onset. These characteristics make accurately and
consistently picking Pn arrival times difficult. Therefore, we adopt the automatic picking
algorithm designed for Pn by Shintaku et al. (2014). The algorithm fits a linear profile to
the smoothed natural logarithm of a bandpass filtered seismogram (see Figure 2 in
Chapter III). The method takes advantage of the prominent ramp-up in amplitude
associated with the Pn arrival and the onset of this ramp is taken as a proxy for the arrival
time. All arrival times are picked in the 5-10 Hz frequency band on the vertical OBS
channel and assigned a relative error based on the signal-to-noise ratio. Further details of
the automated picking algorithm and its application to Cascadia Initiative data are
discussed in Chapter III and Appendix B.
Our automatic picking procedure identified 17,531 potential P arrivals from 749
events. Similar to previous Pn tomography studies (e.g., Hearn et al., 1991), these data
were subject to the following quality control process. Automatic picks were rejected if (1)
the range exceeded 600 km, (2) the signal-to-noise ratio was below 5, (3) the residual
after a linear move-out correction exceeded 6.5 s, (4) the pick was identified on a station
recording fewer than 5 arrivals, (5) the pick was associated with an event recorded by
fewer than 5 stations. The range cut-off was chosen based on visual inspection of the data
quality. The signal to noise ratio was calculated using a 1 s window before and after the
auto-picked arrival time. The linear move-out correction was estimated from a straightline fit to all the data that met selection criteria 1-2. The 6.5 s buffer following the moveout correction was chosen such that good data was not rejected due to hypocentral errors
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in the cataloged event locations which may exceed 40 km. The resulting dataset contains
10,894 P arrivals from 614 events.
While we relocated all 614 events in our final auto-picked dataset, only 125 wellrecorded events that reflect the spatial distribution of seismicity in the study region are
used for tomographic imaging (Figure 2). A total of 2,862 P arrivals were manually
identified for these 125 events and assigned user-defined uncertainties; 757 of these
arrivals were previously analyzed by VanderBeek and Toomey (2017; see Chapter III).
This data subset provides good spatial coverage of southern Cascadia and adequate
coverage of the JdF plate for tomographic analysis. We note that the inclusion of the
remaining events does not substantially improve data coverage.

Figure 2. The cataloged epicenters of all earthquakes
relocated in this study are shown as gray points. Our updated
epicenters are shown in black. Red points identify the subset
of sources used in our tomographic analysis.
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3.2 Anisotropic Tomographic Method
We invert our P arrival time measurements for earthquake hypocentral
parameters, anisotropic slowness (i.e. inverse of velocity) parameters, and station static
terms. Details of the tomographic method are provided in Toomey et al. (1994) and Dunn
et al. (2005). Here, we only briefly summarize the method and note that we have updated
the tomographic algorithm to include equations for hypocentral parameters on a cartesian
grid (e.g., Thurber, 1983). Seismic ray paths and corresponding travel-times are predicted
through a 3D model parameterized in terms of anisotropic slowness using Dijkstra's
algorithm (Dijkstra, 1959; Moser, 1991); the travel-time calculation explicitly includes
topography. The error in the predicted arrival-time is linearly related to perturbations in
the model parameters. Because the resulting system of equations is often
underdetermined and ill-posed, additional regularization equations are added that act to
minimize the magnitude of model perturbations and require model perturbations to be
spatially smooth. We seek a solution that simultaneously minimizes the euclidean norm
of the travel-time residuals, model perturbation vector, and the spatial roughness of the
model perturbation vector. Specifically, we seek to minimize a function of the form
−1
𝑠 2 = ∆𝑡 ′ 𝐶𝑑−1 ∆𝑡 + 𝛿𝑚 ∆𝑚′ 𝐶𝑚
∆𝑚 + 𝜆∆𝑚′ 𝐶ℎ−1 ∆𝑚 + 𝜇∆𝑚′ 𝐶𝑣−1 ∆𝑚 + 𝛿ℎ ∆ℎ′ ∆ℎ
′
+ 𝛿𝑠 ∆𝑠 ∆𝑠

(1)

where ∆𝑡 is a vector containing the arrival time residuals; 𝐶𝑑 is a diagonal data variance
matrix defined by the squared arrival time uncertainties; ∆𝑚 is the model perturbational
vector for the isotropic and anisotropic slowness parameters; ∆ℎ and ∆𝑠 are the
hypocentral and station static perturbational vectors; 𝐶𝑚 is a diagonal matrix containing
the a priori model variance; 𝐶𝑣 and 𝐶ℎ are matrices that apply vertical and horizontal
smoothing to each model parameter; 𝛿𝑚,ℎ,𝑠 , 𝜆, and 𝜇 are weighting parameters that
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control the importance of damping and vertical and horizontal smoothing constraints
relative to the data misfit. Individual damping constants are chosen for the isotropic,
anisotropic, hypocentral, and station static parameters while separate smoothing constants
are chosen for isotropic and anisotropic model parameters. In Equation 1, ∆𝑚, ∆ℎ, or ∆𝑠
may be defined for either the current iteration or the sum of all previous iterations. If the
former, the solution minimizes the magnitude of the perturbations for the current iteration
and is referred to as a creeping strategy. If the latter, the solution minimizes perturbations
with respect to the starting model and is referred to as a jumping strategy. The solution to
Equation 1 is found via the LSQR algorithm (Paige & Saunders, 1982). The problem is
non-linear in that updates to the model parameters modify the predicted ray paths which
require a new system of equations to be computed. Therefore, multiple iterations of the
forward and inverse problems are performed until changes in the arrival time residuals
become negligible.
Seismic anisotropy in the oceanic lithosphere and upper mantle is wellapproximated by a hexagonally anisotropic material with a single symmetry axis in the
horizontal plane. Provided that the magnitude of anisotropy is less than ~20%, the
azimuthal dependence of P-wave speeds in such a medium may be approximated as a
periodic function of 2𝜃- and 4𝜃-terms (e.g. Backus, 1965; Morris et al., 1969),
specifically,
𝑉𝑝 = 𝛼0 + 𝛼1 cos(2𝜃) + 𝛼2 sin(2𝜃) + 𝛼3 cos(4𝜃) + 𝛼4 sin(4𝜃)

(2)

where 𝜃 is the ray azimuth, 𝛼0 is the azimuthally averaged P-wave speed, and 𝛼1−4
control the orientation and magnitude of the 2𝜃- and 4𝜃-variations. This representation is
valid for seismic anisotropy resulting from olivine CPO (Nicolas & Christensen, 1987;
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Ismaïl & Mainprice, 1998; Becker et al., 2006) or the alignment of small (with respect to
the seismic wavelength) fractures or joints (Hudson, 1981; Crampin, 1993). Our
tomographic algorithm solves only for the coefficients that modulate the 2𝜃-variations
(see Dunn et al., 2005). This simplification is warranted considering that the 2𝜃-terms
typically dominate azimuthal velocity variations observed within the oceanic crust
(Shearer & Orcutt, 1985; Dunn & Toomey, 2001; Weekly et al., 2014) and upper mantle
(Morris et al., 1969; Shearer & Orcutt, 1985; Becker et al., 2006; VanderBeek &
Toomey, 2017) and, as discussed in Section 4.3, we find no evidence for significant 4𝜃terms.
3.3 Starting Model and Inversion Parameters
The starting slowness model is defined on a cartesian grid with uniform 1 km
spacing and consists of four domains. (1) Seaward of the trench, we use a 1D oceanic
crustal velocity profile derived from a seismic refraction experiment at the Endeavour
ridge (Weekly et al., 2014; Soule et al., 2016) and assume a constant crustal thickness of
6 km consistent with estimates from seismic reflection imaging (Han et al., 2016;
Horning et al., 2016). (2) Landward of the trench, we prescribe a 1D velocity model
representative of accretionary wedge structure in Cascadia (Yuan et al., 1994) that
transitions to the 1D oceanic crustal velocity profile at the top of the subducting slab, the
depth of which is taken from McCrory et al. (2012). (3) South of the Mendocino TF, we
define the Vizcaino Block—an accretionary prism complex captured by the Pacific Plate
(Figure 1)—based on the boundaries and 1D velocity profile described in Leitner et al.
(1998). (4) The mantle is prescribed a constant P-wave speed of 7.8 km/s. We assume
that the fast direction of mantle anisotropy parallels the paleo-spreading direction except
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beneath the JdF plate interior where VanderBeek and Toomey (2017) measured an
orientation that is rotated on average ~18° counterclockwise from the paleo-spreading
direction. Paleo-spreading directions are identified from magnetic lineations
(Riddihough, 1984; Wilson, 1993). Based on prior studies (VanderBeek et al., 2016;
VanderBeek & Toomey, 2017), we assume the peak-to-peak magnitude of mantle
anisotropy is everywhere 5%; the crust is assumed isotropic. Because our model does not
accurately capture sediment thickness variations, which may exceed 2 km, we compute
sediment delays with respect to our starting model and apply these as station statics.
Where available, sediment thickness values beneath each station are taken from the
surface wave study of Bell et al. (2015); otherwise, values are interpolated from the
sediment thickness maps of Gardner et al. (1993) and Divins (2003). The cataloged
source depths for offshore events vary from a few kilometers to > 20 km and have large
errors. Considering such large depth variations in relatively young oceanic lithosphere to
be unlikely, we initially prescribe all events a depth of 6 km beneath the top of the
oceanic crust. This value was chosen based on the centroid depth distributions presented
by Braunmiller and Nábělek (2008) for Blanco events.
The parameters used in the construction of our preferred tomographic solution are
presented in Table 1 and briefly justified below. The sensitivity of our preferred solution
to details in the starting model and choice of inversion parameters is discussed more fully
in Section 4.5. Perturbational nodes for isotropic and anisotropic parameters are spaced
every 10 km in the x- and y-directions. This spacing was chosen as it is comparable to the
width of the first Fresnel zone for a 10 Hz P-wave propagating in a 7.8 km/s medium
recorded at a range of 150 km (the mean range of the P-wave arrivals measured in this
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study). A finer 1 km vertical spacing was used to limit the mapping of mantle
perturbations to crustal depths.
Table 1: Inversion parameters adopted for our preferred solution.

Parameter
𝛿𝑢
𝜆𝑢
𝜇𝑢
𝛿𝑎
𝜆𝑎
𝜇𝑎
𝛿𝑒
𝛿𝑧
𝛿𝑠

Value
5
1000
10000
50
1000
10000
1
10
150

Description
Slowness damping
Horizontal slowness smoothing
Vertical slowness smoothing
Anisotropy damping
Horizontal anisotropy smoothing
Vertical anisotropy smoothing
Epicenter damping
Source depth damping
Station static damping

Because initial arrival-time residuals are dominated by relocation errors, we adopt
a two-stage inversion procedure. We first invert for hypocentral parameters and station
statics using our starting model. While damping of the hypocentral parameters is not
strictly necessary given that we only include events recorded by 5 or more stations, we
impose a relatively small damping value of 1 to limit the magnitude of the perturbations
on each iteration (i.e. creeping strategy). This approach also enforces the linear
approximation assumed in the inversion without biasing the results toward the starting
locations. We define damping constants for epicentral and depth parameters separately.
Alone, P-wave arrivals provide a poor constraint on source depth, thus, we penalize depth
perturbations more heavily (𝛿 = 10). Next, we jointly invert for isotropic, anisotropic,
hypocentral, and station static parameters using the source locations from the previous
step. A creeping strategy is employed for isotropic and hypocentral parameters while a
jumping strategy is used for anisotropic and station static perturbations. The primary
purpose for including station statics in our inversions is to account for shallow structure
that is not resolved in our slowness model. Sediment thickness variations are likely to be
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the most significant source of arrival time variations. Accordingly, we chose a static
damping value that yields perturbations with an RMS of 100 ms which is equivalent to
the travel-time anomaly for a ~200 m change in sediment thickness.
4.0 Results
4.1 Earthquake Relocations
Our preferred earthquake relocations are shown in Figure 2 and were solved for
using our preferred tomographic model (see Section 4.2). As with previous studies
(Stoddard & Woods, 1990; Braunmiller & Nábělek, 2008), we find that the cataloged
locations—derived from land-based seismic recordings—are systematically shifted east
to northeast of major plate boundaries. With respect to the cataloged locations, our
revised epicenters more closely follow the Gorda ridge and the Blanco and Mendocino
TFs. Gorda ridge events tend to cluster near bends and offsets in the ridge axis. Intraplate
events in our dataset occur primarily near the GDZ-NGP boundary. Near the MTJ, our
relocated events more clearly outline a wedge-shaped pattern of seismicity that may
represent the boundaries of an accreting slice of Gorda lithosphere. We estimate the 1𝜎
errors in the epicentral locations of events used for tomographic imaging via grid-search
through our preferred velocity model.
4.2 Isotropic Structure
Our preferred reconstruction of isotropic heterogeneity is shown in Figure 3 at 8
km beneath the seafloor. At this depth, structure west of the Cascadia trench is located 12 km beneath the Moho while structure east of the trench is located within the subducting
oceanic crust and base of the accretionary wedge. We note that as a consequence of
vertical smoothing, our solution does not depend on depth and 8 km is where we have the
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densest ray coverage. On average, P-wave speeds beneath the JdF plate and Gorda region
generally increase with increasing plate age. However, in detail there are a number of
velocity anomalies that do not follow a simple velocity-age relationship.

Figure 3. Velocity anomalies in our preferred tomographic
solution at 8 km beneath the seafloor are contoured at 0.1
km/s intervals. Note that structure west of the trench
(toothed line) is located ~2 km beneath the oceanic Moho
while structure east of the trench is near the base of the
accretionary wedge/ top of the oceanic crust. Areas without
ray coverage are shown in gray.

Beneath the central and northern JdF plate, mantle P-wave speeds are 7.6-7.8
km/s at plate ages <5 Myr. We note that our resolution beneath the JdF ridge is limited
and that the magnitude of velocity anomalies in this region are likely poorly-recovered
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(see Section 4.5). At plate ages >5 Myr, Vp increase to 7.8-8.1 km/s. Velocity trends are
qualitatively consistent with those observed in recent plate-wide 2D reflection/refraction
profiles. Specifically, we recover a reduction in P-wave speeds near the propagator wake
at ~45.5°N, 127.5°W and seaward of the trench between 45.7°N and 46.3°N similar to
that observed in the velocity profiles presented by Horning et al. (2016) and Canales et al.
(2017), respectively. However, the magnitude of the velocity reduction is not as great as
observed in the higher resolution active-source studies. In contrast, the southern JdF plate
immediately north of the Blanco TF does not exhibit as clear an age progression. In fact,
some of lowest mantle P-wave speeds (~7.5 km/s) are observed within the oldest (> 8
Myr) lithosphere located at ~43.5°N, 125.5°W between two large propagator wakes. We
also recover low seismic velocities beneath the terminus of a large propagator wake at
44.5°N, 128.5°W. Prior active source studies in Cascadia have found the mantle beneath
pseudofaults (Horning et al., 2016; Canales et al., 2017) and the mid-ocean ridge offsets
that form them (VanderBeek et al., 2016) to be anomalously slow. While we find reduced
mantle velocities beneath some pseudofaults, they do not appear as uniformly slow
features in our images.
Despite surficial evidence of extensive deformation, P-wave speeds beneath the
Gorda interior are comparable to and generally faster than JdF mantle of similar age.
Excluding the MTJ, the lowest seismic velocities (~7.5 km/s) are located beneath the
Gorda ridge and are found occupying two irregularly shaped regions beneath the southern
and central ridge segments. The southern ridge low velocity zone terminates at the
intersection with the Mendocino TF across which velocities increase to 7.9-8.2 km/s. A
similar increase in velocity is not observed at the intersection with the Blanco TF. The
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low velocities recovered beneath the Gorda Ridge tend to streak out over the Pacific plate
where we have limited azimuthal ray coverage. Lastly we note that the largest reductions
in P-wave velocities observed in the study area are beneath the MTJ. This result is
consistent with previous body-wave imaging in Cascadia using land-based arrays (Chen
et al., 2015). However, our resolution landward of the deformation front is limited and
constrained primarily by vertically traveling rays.
4.3 Anisotropic Structure
In Figure 4, we present the anisotropic structure of the Gorda plate at 8 km
beneath the seafloor. Synthetic tests demonstrate that the limited distribution of sources
within the JdF plate does not allow us to resolve spatial variations in seismic anisotropy
north of the Blanco TF (Section 4.5). Consequently, north of the Blanco TF the
anisotropic structure remains largely unchanged from the starting model and we focus our
attention on the Gorda plate where there is nearly 360° ray coverage.
We observe an abrupt ~20° clockwise rotation in the orientation of the seismically
fast propagation direction south of the GDZ-NGP boundary. This rotation coincides with
the transition from undeformed to deformed magnetic and seafloor basement lineations
(Figure 1 and 4). Throughout the Gorda region, the seismically fast propagation direction
appears to rotate in concert with the magnetic anomaly pattern. This rotation is not
observed in the immediate vicinity of the Mendocino TF where fast-axis orientations are
subparallel to the fault trend as defined in the starting model. The change in the
orientation of anisotropy south of the GDZ-NGP boundary is accompanied by a decrease
in the magnitude of anisotropy from 6-9% in northern Gorda to 2-4% in southwest
Gorda. While anisotropic magnitudes of 6-9% are more commonly associated with
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oceanic lithosphere created at fast-spreading ridges (Toomey et al., 2007; Kodaira et al.,
2014; Shintaku et al., 2014), they do agree with recent measurements made from activesource surveys on the JdF plate interior (Canales et al., 2017). In contrast, values of 2-4%
are more comparable to seismic anisotropy created at slow-spreading environments
(Gaherty et al., 2004; Dunn et al., 2005).

Figure 4. The orientation anisotropy recovered in our
preferred solution is shown by bold blue bars where there
is ray coverage. Gray bars show the orientation of
anisotropy in our starting model. The length of the bars is
scaled by the magnitude of anisotropy.

To assess our assumption that azimuthal variations in P-wave velocity are
dominated by the 2𝜃 terms in Equation 2, we made a second estimate of mantle
anisotropy by mapping arrival-time residuals directly to perturbations in mantle velocity
(Figure 5). Using the source locations from our preferred solution (Figure 2), we
calculate arrival-time residuals with respect to our starting slowness model and map these
residuals (∆𝑡) directly to mantle slowness perturbations (∆𝑢) following the equation ∆𝑡 =
∆𝑢𝑟 where, in this case, r is the horizontal distance the Pn ray path travelled through the
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mantle. The perturbations are then applied to the constant mantle slowness assumed in
the starting model and converted to velocity. We bin the velocity estimates in 20°
intervals, estimate the standard error in each bin using a Student's t-test (95% confidence
level), and fit Equation 2 to the binned velocities using weighted least-squares. Only
arrivals recorded at ranges exceeding 50 km are considered in this analysis. At these
ranges, the majority of the ray path is located within the mantle and thus primarily
reflects mantle structure. We note that fitting the raw data or fitting smaller bin intervals
does not change the recovered anisotropic signal beyond the estimated errors. We
explored anisotropic models with and without the 4𝜃 terms and variations in mantle
anisotropy observed in geographic subsets of the data (Figure 5).

Figure 5. (a) P-wave mantle velocities estimated from arrival time residuals calculated with respect to an
isotropic velocity model are plotted as a function of ray azimuth. Black line is a running average of the
estimated velocities calculated in 20° overlapping (50%) intervals. The dashed black line shows the standard
deviation in each interval. We plot the mean mantle velocities in 20° bins using residuals associated with ray
paths confined to (b) the JdF plate interior, (c) the NGP, and (d) the GDZ. These ray paths are illustrated in
e. In b-d, error bars show the 95% confidence interval in each bin estimated from a Student’s t-test. We fit
Equation 2 with (dashed line) and without (solid line) the 4𝜃 terms to the binned velocity estimates. The bestfit anisotropy parameters are listed in Table 2.

Consistent with our assumption, we find that the 4𝜃 parameters do not reduce the
variance of the azimuthal velocity variations at the 95% confidence level; the best-fit 2𝜃
parameters values are listed in Table 2. As a whole, the data exhibit a clear 2𝜃 variation
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(Figure 5a). For the JdF plate data subset (Figure 5b,e), we recover peak-to-peak
azimuthal velocity variations of 3.8% ± 1.5% with a fast-axis orientation and mean
velocity of 88° ± 6° and 7.83 km/s ± 0.03 km/s, respectively (errors reported are the 95%
confidence intervals derived from an analysis of variance). These estimates are within
error of the anisotropic structure presented by VanderBeek and Toomey (2017). For the
northern Gorda region (Figure 5c,e), we measure a larger anisotropic magnitude of 5.6%
± 0.7% oriented 105° ± 1° with a mean mantle velocity of 7.78 km/s ± 0.01 km/s. In
comparison, the fast-propagation direction in southern Gorda is rotated more clockwise
striking 116° ± 6° and has a reduced magnitude of 3.7% ± 1.9%. The mean mantle
velocity in southern Gorda is 7.8 km/s ± 0.04 km/s. The potential influence of a 4𝜃 term
is most obvious in the southern Gorda data subset. However, inclusion of the 4𝜃
parameters did not statistically improve the fit to the data. The regional averages reported
above are consistent with the 2D variations in anisotropy present in our preferred solution
(Figure 4).
Table 2: Anisotropy parameter values. Values obtained by fitting Equation 2 to data subsets are tabled with
their 95% confidence intervals. The resulting magnitude of anisotropy (F) and fast-axis orientation (𝜙) are
also listed.

Dataset
JdF
N. Gorda
S. Gorda

𝛼0 (km/s)
7.83 ± 0.02
7.78 ± 0.01
7.80 ± 0.04

𝛼1 (km/s)
0.15 ± 0.03
0.19 ± 0.02
0.09 ± 0.05

𝛼2 (km/s)
-0.01 ± 0.02
-0.11 ± 0.02
-0.11 ± 0.05

F (%)
3.8 ± 1.5
5.6 ± 0.7
3.7 ± 1.9

𝜙 (°)
88 ± 6
105 ± 1
116 ± 6

4.4 Preferred Solution Data Fit
The travel-time residuals with respect to our preferred solution have a weighted
root-mean-square (RMS) of 204 ms while the weighted RMS with respect to the starting
model and cataloged earthquake locations is 2771 ms. To place these values in
perspective, other passive source Pn tomography studies typically fit arrival time data to
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>500 ms (Hearn et al. 1991; Pei et al., 2007; Buehler & Shearer, 2010). Local earthquake
P-wave imaging generally yields solutions that more closely predict observed data with
residual RMS near 100-300 ms (e.g. Zhao et al., 1992; Koulakov et al., 2011) while
active source studies provide the highest resolution (residual RMS of 10-20 ms) of earth
structure (e.g., Toomey et al., 2007; VanderBeek et al., 2016) using traditional traveltime tomography methods. Our initial source relocation is responsible for the greatest
improvement in data fit which reduces the variance in the arrival time residuals by 99%.
Subsequent inversion for isotropic and anisotropic heterogeneity further reduces the
variance by 48%.
4.5 Solution Sensitivity and Resolution
In the selection of user-defined smoothing and damping parameters, we ran a
number of inversions using both synthetic and actual data and assessed the resulting
images, data residuals, and variance in the model perturbations. The values for our
preferred solution are presented in Table 1 and reflect a trade-off between resolution and
data fit. We found it prudent to more heavily damp anisotropic perturbations with respect
to isotropic updates. Reducing the anisotropic damping resulted in azimuthal velocity
variations that exceeded 11% without improving the data fit. Such high values are
uncharacteristically large for oceanic mantle and so we chose the more conservative
solution. We note that the recovered fast-propagation direction was independent of the
chosen damping. Given the limited depth sensitivity of the Pn seismic phase, we also
chose to more heavily smooth perturbations vertically such that the mantle structure did
not exhibit strong depth variations.
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To assess the importance of anisotropy in fitting our data set we considered purely
isotropic solutions (isotropic starting model without inversion for anisotropic parameters)
and models where spreading-aligned anisotropy was fixed throughout all iterations.
Purely isotropic solutions both increased the magnitude of isotropic anomalies while
worsening the data fit (weighted RMS of 218 ms). If spreading-aligned anisotropy is
imposed on the starting model but held fixed through the inversion, we recover
effectively identical isotropic solutions with respect to our preferred model with a slightly
larger residual RMS (214 ms). This solution may provide a simpler alternative model but
one that does not explain the rotated anisotropy signal observed in the data (Figure 5d) or
provide any potentially new insights into lithospheric deformation beneath Gorda.
We explored the sensitivity of our results to the starting model. To assess whether
absolute mantle velocities are well constrained and to identify any potential trade-offs
between average mantle velocity and source origin times, we generated solutions using
starting models with a 7.6 km/s and a 8.0 km/s mantle to compare with our preferred
solution which used 7.8 km/s. Regardless of the starting mantle velocity model, we found
that the inversion converged to nearly identical solutions. To investigate whether the
recovered anisotropic parameters depended on the anisotropic starting model, we ran
inversions with an initially isotropic mantle. We recovered similar fast-axis orientations
beneath NGP and GDZ but at reduced magnitudes (2-4%) while north of the Blanco TF
the solution remained effectively isotropic. Gorda isotropic structure is largely
unmodified when using an isotropic starting model. However, we recover larger
reductions in Vp beneath the JdF plate. We attribute the slower JdF plate velocities to the
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primarily north-south oriented ray paths which are sampling the predicted slow mantle
direction if anisotropy is present.
We performed inversions with synthetic data generated from known velocity
models to evaluate the resolution of our dataset. For these resolution tests we use the
same inversion parameters, data geometry, and starting model as our preferred solution
and add normally distributed noise with a standard deviation of 200 ms to the synthetic
arrival times. We use the earthquake locations (red events) presented in Figure 2 as the
true source positions and the cataloged event locations as the starting positions. While a
number of synthetic test were performed, we present the results from two that illustrate
the spatial resolution of our dataset and demonstrate our ability to capture variations in
the orientation of anisotropy and predicted thermal evolution of the lithosphere.
To estimate the spatial limits of our isotropic resolution we reconstruct sinusoidal
checkerboard-patterned velocity anomalies. The true velocity model contained spreadingaligned anisotropy at mantle depths with a magnitude of 5%. The results for 100-km wide
anomalies with amplitude of ± 0.25 km/s are presented in Figure 6. Anomalies at this
scale are clearly resolvable by our dataset though resolution diminishes toward the
northwest corner of the JdF plate. Perturbations to anisotropic parameters were allowed
in this synthetic inversion. However, the magnitude of anisotropy changed by less than
0.5% with no significant changes in the fast-axis orientations indicating minimal trade-off
between isotropic and anisotropic heterogeneity. Further checkerboard resolution tests
indicate that our resolution rapidly decreases for smaller wavelength anomalies whose
amplitude is adjusted to yield the same travel-time perturbations as the 100 km sinusoidal
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checkerboard. In general, we conclude that heterogeneity with dimensions less than ~50
km should not be interpreted.

Figure 6. (a) Input and (b) recovered sinusoidal mantle velocity anomalies. Regions without ray coverage
are masked in gray. Color scale for (a) is shown in (b). Contour interval is 0.05 km/s. Depth slices are shown
at 8 km beneath the seafloor.

The primary goal of this study is to constrain how the seismic structure of the
lithosphere evolves as a function of plate age and to determine how deformation of the
Gorda plate affects the anisotropic velocity structure of the uppermost mantle. To this
end, we constructed a synthetic model in which the mantle velocities varied in
accordance with temperature predicted from a half-space cooling model (HSCM; Figure
7a) where temperature is mapped to Vp following Isaak (1992). The synthetic model
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contained 5% mantle anisotropy aligned with the spreading direction. South of ~42° N,
the orientation of anisotropy was rotated 25° clockwise of the spreading direction. Our
recovery of this model is shown in Figure 7b.

Figure 7. (a) Synthetic velocity model constructed by converting mantle temperatures predicted by a HSCM
to P-wave velocity (see text for details). (b) Recovery of synthetic model shown in (a). Regions without ray
coverage are masked in gray. The regions considered for the velocity-age plots shown in Figure 8 and 10 are
outlined by dark grey boxes. Color scale for (a) is shown in (b). Contour interval is 0.05 km/s. Depth slices
are shown at 8 km beneath the seafloor.

In Figure 8, we bin the recovered velocities as a function of age in 2 Myr intervals
for the Gorda region, a 100 km-wide corridor that parallels and extends northward from
the Blanco TF, and the northern JdF plate. We accurately recover the prescribed plate age
dependence beneath the NGP and GDZ with the exception that P-wave speeds are on
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average too fast at young plate ages (<2 Myr). The plate age trend is reasonably well
recovered beneath the Blanco corridor and northern JdF plate although velocities are on
average underestimated by ~0.05 km/s.

Figure 8. Recovered P-wave velocities in Figure 7b plotted as a
function of plate age for model nodes located within the mantle
beneath (a) the NGP and GDZ, (b) the northern JdF plate, and (c)
the Blanco corridor. The map view extent of these regions are
shown in Figure 7b. Velocities are averaged in 2 Myr intervals
within each region (red points) and exclude nodes without ray
coverage. The input velocity-age relationship is shown by the
solid black line. Error bars show the standard deviation in each
bin.

We recover the clockwise rotation in anisotropy beneath the Gorda region (Figure
9). However, we underestimate the rotation by ~5°-10°; the magnitude of anisotropy is
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largely unchanged from the starting model. From these tests, we conclude that our dataset
is capable of resolving an age dependent thermal structure and that deviations from such
a trend likely represent true earth structure. Additionally, the change in anisotropy
between the NGP and the GDZ in our preferred solution is a robust feature although the
rotation may be underestimated.

Figure 9. Recovery of a 25° clockwise rotation in the
orientation of mantle anisotropy at 8 km beneath the
seafloor. The fast-axis orientation of anisotropy recovered is
contoured at 2° intervals. The true region of rotated
anisotropy is shown by the red box.

5.0 Interpretation and Discussion of Tomographic Results
Our Pn seismic images provide a unique opportunity to investigate heterogeneity
within the uppermost mantle across an entire oceanic plate. While Pn tomography studies
of oceanic lithosphere have been carried out for decades (e.g., Raitt et al., 1963; Morris et
al., 1969), they have typically been restricted to 2D active-source refraction/reflection
profiles (e.g., Lizarralde et al., 2004; Gaherty et al., 2004; Horning et al., 2016) and/or are
conducted over a geographically limited area (e.g., Dunn et al., 2005; Shintaku et al.,
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2014; VanderBeek et al., 2016). The dominantly horizontal propagation paths and high
frequency content of Pn waves helps fill a resolution gap in mantle imaging. Owing to the
relatively low frequency content of seismic arrivals used in teleseismic body and surface
wave studies, these data tend to vertically average structure over many 10’s of
kilometers. In comparison, the arrival times of Pn are sensitive to structure within a
Fresnel volume around the geometrical ray path that has limited sensitivity to overlying
crustal structure (Zhang et al., 2007). The maximum radius of the Fresnel volume can be
approximated by 0.5√𝑅𝑉𝑝 /𝑓 where R and f are the propagation distance and dominant
frequency, respectively. Thus, the 5-10 Hz Pn waves traveling beneath the Moho
recorded at 150 km (on average) considered in this study are sensitive to structure within
the upper ~6 km of the mantle. We use our seismic images to evaluate the thermal
evolution of the uppermost mantle and to make inferences on how deformation within
Gorda extends beneath the Moho.
5.1 Isotropic Structure of Gorda and Juan de Fuca
In Figure 10 we plot the mean mantle velocity in our preferred solution at 8 km
depth as a function of age for the Gorda and northern JdF plates and for a 100 km-wide
corridor that extends northward from and parallels the Blanco TF; these regions are
outlined in Fgure 7b. We compare our measured Vp values to those derived from a
HSCM where mantle temperature is vertically averaged over 7-12 km depth (the
approximate depth sensitivity of the Pn arrival times) and converted to Vp perturbations
using the anharmonic temperature derivative for peridotite (

𝜕ln𝑉𝑝
𝜕𝑇

= −6.2 ∗ 10−5 𝐾 −1 )

measured by Isaak (1992). To define absolute Vp, we assume an isotropic mantle
velocity of 8.155 km/s at 0 °C consistent with the average elastic properties of natural
65

peridotites (Ismaïl & Mainprice, 1998). For the thermal calculation, we assume a mantle
temperature and thermal diffusivity of 1200 °C and 10-6 m2/s, respectively.

Figure 10. Mean mantle velocities in our preferred solution are
plotted as a function of plate age for model nodes located beneath
(a) the NGP and GDZ, (b) the northern JdF plate, and (c) the
Blanco corridor. These regions are outlined in Figure 7b.
Velocities are averaged in 2 Myr intervals within each region (red
points) and exclude nodes without ray coverage. Error bars show
the standard deviation in each bin. The predicted velocity-age
relationship from a HSCM averaged over the upper 5 km of the
mantle is shown by the solid black line.

The average seismic velocity structure of the Gorda mantle lithosphere is
remarkably consistent with predictions from a HSCM (Figure 10a). This is perhaps
surprising given the abundant evidence of faulting at the surface. If these faults extend
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past the Moho, then we would expect to observe a strong decrease in seismic velocity due
to a combination of increased porosity and mineral alteration (Hacker et al., 2003a;
Miller & Lizarralde, 2016; Korenaga, 2017). Such velocity reductions are commonly
observed in the outer-rise region of subduction zones where bend-related normal faults
may penetrate many kilometers beneath the Moho (Faccenda et al., 2009; Ranero et al.,
2009; Shillington et al., 2015; Han et al., 2016; 2018). In Cascadia, bend-related faulting
is observed to extend 6-7 km beneath the Moho in ~8.5 Myr lithosphere (Han et al.,
2016). If these depths coincide with the brittle-ductile transition, they imply a thermal
limit to faulting of ~500 °C (estimated from a HSCM). The Gorda interior is ~4 Myr. At
this age, a HSCM predicts the depth of the 500 °C isotherm to lie ~3 km beneath the
Moho. This depth interval is well within the sensitivity of our Pn measurements. We
conclude that pervasive deformation of the Gorda plate does not result in anomalous
alteration or hydration of the uppermost ~6 km of the Gorda mantle. However, we cannot
rule out the possibility of localized zones of mantle alteration that are near or below our
limit of our resolution. Perhaps the NW-SE trending bands of 7.7-7.8 km/s mantle that
interrupt the higher plate interior velocities (Figure 3) reflect such localization, though
there are no crustal faults with this orientation (Dziak et al., 2001; Chaytor et al., 2004) to
support this interpretation. The possibility also exists that mantle alteration is confined to
the base of the Moho thereby having a limited influence on our Pn velocity
measurements. Either situation implies volumetrically small extents of mantle alteration
and, consequently, limited mantle water storage potential.
The most anomalous mantle velocities within the Gorda region are observed in
the southeast corner near the MTJ where Vp is reduced to 7.5 km/s . The relatively low
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velocities recorded in this region cause the Gorda age progression to deviate from the
HSCM prediction beyond ~6 Myr (Figure 10a). Offshore seismic reflection profiles
image overlapping wedges of oceanic crust within this region (Gulick et al., 1998). We
interpret these velocitites to reflect thickened oceanic crust and intense faulting and
fracturing throughout the Gorda lithosphere.
In contrast to the Gorda plate, mantle Vp within the northern JdF plate (Figure
10b) and Blanco corridor (Figure 10c) does not exhibit a clear age dependence. Beneath
northern JdF, Vp remains relatively constant (7.6-7.7 km/s) over ~4 Myr before abruptly
increasing to ~7.9 km/s. This behavior may reflect poor resolution of our dataset in
northern Cascadia (Figure 6b). However, synthetic tests illustrate that our data is capable
of better resolving a HSCM trend than is shown by our results (Figure 8). An alternative
interpretation is that the attenuation structure of the lithosphere east of the JdF ridge is
anomalously low and anelastic processes give rise to the decrease in velocity with respect
to the HSCM prediction (Karato, 1993). We note that the abrupt increase in Pn velocities
coincides with a similar increase in asthenospheric velocities (Bell et al., 2016; Byrnes et
al., 2017) and attenuation (Eilon & Abers, 2017) suggesting that asthenospheric dynamics
may influence the thermal evolution of the lithosphere.
The Vp-age trend beneath the Blanco corridor is even more anomalous and
exhibits a general decrease in velocity with plate age. This behavior is largely the result
of two 50-100 km-wide mantle low-velocity zones (MLVZs) located near the termini of
large propagator wakes (Figure 3). The more eastern of these anomalies is also located
within a zone of outer-rise seismicity and where the oceanic lithosphere is oldest (Figure
1b). We infer that the ends of propagator wakes on the JdF plate are zones of anomalous
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mantle alteration. Given that the observed MLVZs occur beneath ~5 Myr and ~8.5 Myr
seafloor, the most probable explanation is deep fracturing of the lithosphere facilitated by
structural weaknesses inherited from rift propagation. Indeed, greater fracturing
throughout the crust and possibly extending beneath the Moho is inferred from a number
of seismic studies that image lithosphere modified by tectonic offsets (e.g. Canales et al.,
2003; Weekly et al., 2014; Horning et al., 2016; Soule et al., 2016). The western MLVZ
zone near 129°W is 0.2-0.3 km/s slower than the predicted velocity for unaltered mantle
peridotite of the same age while the eastern most is reduced by 0.3-0.4 km/s. The
magnitude of these anomalies could be explained by a small percentage of fluid-filled
porosity (<0.5%) or a larger volume fraction of peridotite altered to serpentinite (<4%;
Korenaga, 2017). Neglecting anelastic effects, a thermal anomaly exceeding 500 °C
would be required to explain the same reduction in velocity. If anelastic effects are
considered (Karato, 1993), a smaller thermal anomaly (< 100 °C) could explain the
velocity reduction if the lithospheric seismic quality factor (Q) is < 100. We consider
such high thermal anomalies and low Q values to be unlikely for oceanic lithosphere > 4
Myr old. On the JdF plate, 2D active source reflection profiles find reductions in mantle
Vp of ~1 km/s beneath the two north-northeast trending propagator wakes. If such
reductions in mantle velocity were spatially uniform along the entire trace of the
propagator wakes and extended a few kilometers into the mantle section, then we should
be able to resolve such features. However, this correlation is not observed. It seems
unlikely that the reduced mantle Vp observed in the profiles of Horning et al. (2016) is
purely happenstance given the large number of geophysical studies that have identified
anomalous crustal and mantle structure associated with propagator wakes and the mid-
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ocean ridge offsets that form them (e.g. Canales et al., 2003; Nedimović et al., 2005;
Toomey & Hooft, 2008; Marjanović et al., 2011; VanderBeek et al., 2016; Han et al.,
2016; 2018). Therefore, we interpret our seismic images as evidence that the depth to
which lithospheric accretion is influenced by tectonic offsets is restricted to the
shallowest ~1 km of the mantle. The exception may be the termini of propagator wakes.
The reason for this, at least in southern JdF plate, maybe due to interactions between
propagating rifts and the Blanco TF, which was itself formed via the merging of multiple
smaller tectonic offsets (Wilson, 1988).
We interpret the two MLVZ beneath the Gorda Ridge as evidence for a
segmented mantle magmatic system. Given their proximity to the plate boundary, the
reduced velocities are most likely due to a combination of increased temperature and
presence of partial melt resulting from mantle upwelling. If the reduced P-wave speeds
are due solely to temperature, then using the anharmonic derivative from Isaak (1992)
yields axial mantle temperatures of ~1300 °C. This temperature exceeds the dry mantle
solidus (~1160 °C; Hirschmann et al., 2000) and implies the presence of partial melt. The
temperature estimates above do not consider anelastic effects on the P-wave speed
thermal dependence which may reduce the temperature perturbation required to explain
the velocity anomaly (Karato, 1993). Generally, the oceanic lithosphere is regarded as a
very low attenuating zone (e.g. Kennett et al., 2014; Takeuchi et al., 2017) and,
consequently, anelasticity is predicted to have a small effect on the P-wave speed thermal
dependence (Karato, 1993). The exception may be near spreading centers where
temperatures are elevated (Kennett et al., 2014). Using the anelastic temperature
derivatives presented in Karato (1993) with a Q factor representative of young oceanic
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lithosphere (100), the MLVZs may be explained by axial mantle temperatures of ~850 °C
and, thus, would not require partial melt. In either case, the Gorda ridge is punctuated by
two zones of relatively elevated mantle temperatures with possibly low degrees of partial
melt. The boundary between what we interpret as two magmatic centers coincides with a
~12 km right-stepping non-transform offset. We note that the temperature estimates are a
minimum given that travel-time tomography will underestimate the magnitude of low
velocity regions. Unfortunately, limited data coverage of the JdF ridge does not allow us
to place constraints on the temperature and extent of melt within the axial mantle
magmatic system in this region.
5.2 Gorda Anisotropy and Deformation
We interpret our Pn anisotropy observations beneath Gorda as a result of
kinematic rotation of oceanic mantle lithosphere south of the GDZ-NGP boundary.
Seismic anisotropy within the oceanic lithosphere is most commonly attributed to the
frozen-in signal of corner flow beneath the paleo-spreading center where the divergence
of mantle material aligns the crystallographic a-axes of olivine (the seismically fast
propagation direction) in the direction of spreading (e.g. Blackman & Kendall, 2002).
North of the GDZ-NGP boundary, the seismically fast axis of anisotropy is parallel to
Pacific-JdF RPM consistent with a mid-ocean ridge origin. South of the GDZ-NGP
boundary, we observe a ~20° clockwise rotation in the anisotropic fabric with respect to
JdF-Pacific RPM or, equivalently, a ~40° clockwise rotation with respect to the east-west
orientation of divergence along the southern Gorda Ridge. We suggest that the rotation in
anisotropy is simply a kinematic response to along-axis changes in spreading rate (Figure
11). While the anisotropic structure could reflect the preferential alignment of small
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(with respect to the seismic wavelength) fractures or faults (Crampin, 1993; Hudson,
1981) with or without an anisotropic mineral fabric, we consider this scenario unlikely
for the following reasons. Pervasive faulting of the uppermost mantle would reduce Pwave speeds which is not observed. Anisotropy from aligned fractures results in a fastpropagation direction parallel to the fractures and faulting patterns on the surface are
normal to the measured fast direction.
In Figure 11, we illustrate the predicted motion of slices of lithosphere if the plate
divergence velocity at the Mendocino TF is 25 km/Myr and increases linearly to 55
km/Myr at ~42°N. The eastward fanning of these blocks is similar to that observed in the
magnetic anomaly lineations (Figure 4) and acts to rotate seismic anisotropy generated
beneath ridge. There is a clear space problem along the northern and southern boundaries
of the GDZ where blocks overlap with adjacent lithosphere placing the GDZ in
compression. At crustal depths, the predicted north-south compression appears to be
accommodated by flexural slip along ridge-normal faults (Chaytor et al., 2004). It is
unlikely that this style of deformation continues into the mantle considering that ridge
normal faults are not observed to penetrate the Moho (Nedimović et al., 2009; Han et al.,
2016) and, thus, there are no preexisting zones of weakness that would favor a flexural
slip model. Additionally, we do not observe decreased P-wave speeds that would
accompany pervasive mantle faulting. Instead, the relatively young Gorda lithosphere
may exhibit more ductile behavior. In this case, north-short shortening may be
accommodated by the extrusion of material to the east and west or perhaps by thickening
of the mantle lithosphere near the boundaries of the GDZ.
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Figure 11. Cartoon illustrating the rotation of slices of
mantle lithosphere due to a southward decrease in
spreading rate along the central and southern Gorda
Ridges. Double-headed arrows parallel the spreading
direction and inferred orientation of anisotropy created
beneath the ridge. Green bars show the progressive
rotation of mantle anisotropy with the slices of
lithosphere. Gray shaded regions highlight areas of
convergence between the GDZ and adjacent plates. See
text for discussion.

6.0 Conclusion
Using seismic data collected by the Cascadia Initiative experiment we have
mapped the seismic velocity structure of the JdF plate system from accretion to
subduction. We find anomalously slow mantle velocities along the southern edge of the
JdF plate that do not exhibit a clear age progression as is predicted by conductive cooling
models for the oceanic lithosphere. We attribute these velocity reductions to low degrees
of mantle hydration that extends several kilometers beneath the Moho. We infer that the
deformation that facilitated this hydration was driven by the interaction between
propagating tectonic offsets and the Blanco TF. However, we do not find that propagator
wakes are uniformly seismically slow features at mantle depths. If alteration of the
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mantle underlying propagator wakes is present, as inferred from previous active-source
studies, we infer that it must be restricted to the shallowest 1 km of the mantle. In
contrast to the JdF plate, the velocity structure of the Gorda mantle is remarkably
consistent with predictions from a HSCM despite surficial evidence of extensive faulting
and deformation. Measurements of seismic anisotropy beneath Gorda reveals that mantle
mineral fabrics generated beneath the ridge have been rotated such that the fast-direction
of P-wave propagation aligns normal to the trend of deformed magnetic lineations. Given
that isotropic P-wave speeds beneath Gorda are not anomalously slow, we infer that
crustal deformation is decoupled from the motion of the underlying mantle.
7.0 Bridge
Chapters II-IV focused on the evolution of the uppermost mantle (i.e. within ~10
km of the Moho) from the ridge to the trench. In Chapter V, I consider the structure of the
deeper (upper ~400 km) mantle offshore Cascadia. I propose a joint tomographic analysis
of teleseismic body and surface wave data to constrain the geometry of mantle upwelling
and melt production beneath the JdF and Gorda ridges. This chapter provides scientific
motivation for the joint analysis and describes the method.
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CHAPTER V
IMPROVED SEISMIC IMAGING OF MANTLE DYNAMICS OFFSHORE
CASCADIA FROM THE JOINT INVERSION OF BODY AND SURFACE
WAVES: MOTIVATION AND CHARACTERIZATION OF THE PROBLEM

1.0 Introduction and Motivation
A long-standing question in the study of mid-ocean ridge (MOR) dynamics is
whether mantle upwelling is passive or active. In the passive model, the divergence of the
overlying plates excites a corner-flow pattern that produces a broad (100’s of kilometers)
triangular-shaped region of mantle upwelling and melting centered beneath the plate
boundary (e.g., Spiegelman & McKenzie, 1987). A purely plate driven flow field is 2D
and symmetric about the ridge axis. Active flow models consider internal buoyancy
forces, originating from retained melt and thermal or compositional heterogeneity (Scott
& Stevenson, 1989; Buck & Su, 1989; Katz, 2010), on the externally driven flow
geometry. Active models are capable of producing symmetry-breaking convective flow
fields that vary both along and across axis and tend to produce narrower melting columns
(Rabinowicz et al., 1993; Choblet & Parmentier, 2001; Katz, 2010). Ultimately,
buoyancy-driven convection is sensitive to mantle viscosity and generally requires values
below ~1019 Pa s (Choblet & Parmentier, 2001; Katz, 2010). The viscosity structure
reflects the degree and distribution of partial melt and mantle temperature, chemistry, and
grain size. Therefore, discerning the upwelling geometry beneath spreading segments can
yield insights into fundamental mantle properties and has implications for the thermal
evolution of young oceanic lithosphere.
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The simplicity of the passive model and its ability to explain global MOR basalt
systematics (Langmuir et al., 1992; Brown & White, 1994) has lead to its prominence.
However, a growing number of geophysical observations seemingly require features of
active upwelling models. The style of mantle upwelling beneath MORs is perhaps best
characterized beneath the fast-spreading southern East Pacific Rise (EPR) near 18° S
where the MELT (Forsyth et al., 1998) and GLIMPS (Harmon et al., 2004; 2006)
experiments were deployed. Seismic (Harmon et al., 2009; Hammond & Toomey, 2003)
and electromagnetic (Evans et al., 1999; Baba et al., 2006) imaging studies using MELT
and GLIMPSE data identified a broad (up to ~200 km wide and equally deep) region of
low-seismic velocities and high electrical conductivity generally interpreted as the MOR
melt production region containing <1% interstitial melt. While a broad melt production
region is generally consistent with a passive model, the inferred upwelling region is
asymmetric about the ridge axis with greater degree of melting west of the plate
boundary—a feature predicted by active flow models (e.g., Katz, 2010). The seismic
anisotropic structure, which reflects the distribution of strain within the mantle and hence
the flow field, is also asymmetric about the EPR (Wolfe & Solomon, 1998; Hammond &
Toomey, 2003). The asymmetric mantle structure beneath the southern EPR has been
attributed to the proximity of the ridge to the South Pacific Superswell. Models of platedriven mantle upwelling subject to asymmetric boundary conditions (i.e. warmer
temperatures west of the ridge and east-west oriented pressure gradient) may explain the
observed asymmetries (Conder et al., 2002; Toomey et al., 2002) without invoking
buoyancy. However, the abrupt increase in seismic velocity east of the EPR observed in
Love (Dunn & Forsyth, 2003) and Rayleigh (Harmon et al., 2009) wave tomography
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studies may indicate mantle downwelling on the eastern flank requiring a component of
active flow. Observations of upper mantle structure in other spreading environments are
limited. Along the northern EPR (~9° N), electromagnetic imaging suggests a passive
upwelling regime as evidenced by a ~100 km deep triangular region of high conductivity
flanked by a 60 km-thick resistive mantle (Key et al., 2013). However, at the same ridge
segment the seismically inferred distribution of mantle melt and orientation of mantle
flow at near-Moho depths are skewed with respect to the ridge axis trend and orientation
of plate divergence, respectively (Toomey et al., 2007), suggesting flow is not solely
responding to local plate divergence. A similar pattern of melt delivery to the base of the
oceanic crust and rotated mantle flow field has also been inferred beneath the northern
Juan de Fuca (JdF) ridge (VanderBeek et al., 2016). Furthermore, Rayleigh wave imaging
of the upper mantle beneath incipient spreading segments in the Gulf of California find
circular low seismic velocity zones that are located 10's to 100's of kilometers from the
the plate boundary (Wang et al., 2009) and interpretted as convective upwellings.
Determining the role of active mantle upwelling in the formation of oceanic lithosphere
and the conditions necessary for its development requires continued investigation of
upper mantle structure across a diverse sampling of MOR environments.
The recent Cascadia Initiative (CI) experiment (Toomey et al., 2014) provides a
new opportunity to explore both across and along-axis variations in MOR dynamics in an
intermediate spreading-rate environment. The offshore component of the CI experiment
instrumented the entire JdF and Gorda plates with seismometers spaced 50-70 km apart.
Similar to the southern EPR, tomographic imaging using teleseismic body (Byrnes et al.,
2017) and Rayleigh (Bell et al., 2016) waves recorded by CI stations reveals a strongly
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asymmetric region of mantle upwelling. Slow seismic velocities beneath the ridge
transition to faster velocities beneath the JdF interior too rapidly to be explained by
conductive cooling alone and researchers have invoked dynamic downwelling that
abruptly solidifies regions of partial melt (Bell et al., 2016; Byrnes et al., 2017). The
analysis of teleseismic body wave delay times and attenuation lead Eilon and Abers
(2017) to propose a layered upwelling model for the JdF ridge. Motivated by the abrupt
transition from a slow, highly attenuating axial region to a relatively fast, low attenuating
plate interior and the present knowledge of mantle mineral physics, Eilon and Abers
(2017) hypothesize a broad zone of deep (120 - 180 km) carbonated melting (Dasgupta et
al., 2013) where melt fractions are < 0.01% and shear wave velocities (𝛽) are reduced by
~0.1 km/s. Narrow buoyant upwelling occurs within the upper 60-180 km and result in
low degrees of water-assisted melting between 60-120 km depth that also reduce 𝛽 by
~0.1 km/s. Upon the removal of water at ~60 km depth, mantle viscosity may increase by
many orders of magnitude (Hirth & Kohlstedt, 1996) inhibiting buoyant upwelling and
give rise to a passive upwelling regime. Here, melt fractions increase toward the ridge
axis and may vary between 0.2-2% reducing 𝛽 by up to ~0.7 km/s.
While the model of Elion and Abers (2017) is consistent with the available
constraints on mantle structure beneath the JdF plate it is non-unique and the details of
mantle upwelling beneath the JdF ridge remain unclear. This is due to resolution issues
inherent to the seismic imaging methods employed. The poor vertical resolution of body
wave tomography results in uncertainty in the maximum depth extent of the axial lowvelocity zone and the depth at which the inferred mantle downwelling occurs off-axis.
Furthermore, teleseismic body waves only resolve relative velocity variations which
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introduces greater uncertainty in inferring physical properties. By comparison,
teleseismic Rayleigh wave images have better depth resolution and constrain absolute
velocities but the long periods used in their construction result in poor lateral resolution
that decays with increasing depth. Consequently, the relationship between the shallow
(<75 km) axial low velocity imaged by Rayleigh waves to deeper earth structure and the
presence of strong ridge-normal gradients in mantle velocity at depth are poorly
constrained. The limitations of one of these imaging methods are the strengths of the
other. In Chapter 5, I describe a methodology for the joint inversion of teleseismic
Rayleigh and shear waves to generate higher resolution images of mantle dynamics
offshore Cascadia. The depth sensitivity of surface waves combined with the superior
lateral resolution of body waves will better constrain depth variations in, and off-axis
evolution of, 𝛽 structure. The improved images will allow a more rigorous assessment of
models for MOR dynamics.
2.0 Comparison of Seismic Images
Before considering a joint analysis of different seismic phases, it is instructive to
compare independently derived velocity models to highlight the discrepancies between
solutions that may be resolved by integrating datasets. While a number of seismic
imaging studies using CI data have been conducted (Tian et al., 2013; Gao, 2016; Hawley
et al., 2016; Bodmer et al., 2018), I focus on the shear velocity models obtained from
teleseismic shear (Byrnes et al., 2017) and Rayleigh (Bell et al., 2016) wave inversion
(referred to as the Byrnes and Bell models, respectively). The complimentary sensitivities
of these seismic phases to 𝛽 structure holds promise for constructing higher resolution
models through a joint analysis.
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In Figure 1, I compare vertically averaged 𝛽 anomalies recovered in the Byrnes
and Bell models. The S-wave delays from Byrnes et al. (2017) have been re-inverted for
𝛽 structure using the 3D starting model from Bell et al. (2016) to allow equal comparison
(Figure 2a). The starting model was derived by converting temperatures predicted from a
half-space cooling model to 𝛽 following (Harmon et al., 2009) and accounts for both
anharmonic and anelastic effects. The first-order structure of the two models are the
same; a fast JdF plate interior abruptly transitions to relatively slower axial velocities
more rapidly than can be explained by a half-space cooling model and the trend of this
transition is rotated with respect to the ridge axis. As can be seen in cross-section (Figure
2; Profile location shown in Figure 1a), this structure persists throughout the upper 200
km of the body wave model where 𝛽 changes on average by ~4% over ~100 km. A
similarly strong gradient in 𝛽 anomalies is observed in the upper ~50 km of the Bell
model (Figure 1b and 2c) where upper mantle velocities increase away from the plate
boundary by 5-8%. However, no ridge low-velocity anomalies are present. We note that
the Bell model was constructed using fundamental mode Rayleigh waves with periods
between 20 s and 125 s providing sensitivity to structure shallower than ~200 km depth.
Therefore, the limited depth extent of the shallow velocity heterogeneity may not be
entirely attributed to differences in depth resolution. Though the lateral variation in 𝛽 in
both models are similar, particularly at shallow depths, the body and Rayleigh wave
models cannot be reconciled by simply shifting the mean of the body wave anomalies.
The thinner and larger magnitude high-velocity perturbations in the Bell model are not
sufficient to explain the body wave delay times. In Figure 3, I compare the mean S-wave
station delays as measured by Byrnes et al. (2017) to those predicted through the Bell
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model. The delays are adjusted for sediment thickness beneath each station. The
predicted travel-time delays exhibit a similar spatial variation to those measured but the
magnitude of this variation is under-predicted by approximately half.

Figure 1: Shear wave velocity perturbations (%) beneath Cascadia as measured by teleseismic (a) S-waves
(Byrnes et al., 2017) and (b-c) Rayleigh waves (Bell et al. 2016). Perturbations in a and b are averaged over
the upper 200 km of the mantle. Panel c shows the average perturbations in the upper 50 km of the mantle as
imaged by Rayleigh waves. Solid lines show the plate boundary. Dashed line identifies position of crosssections shown in Figure 2.

The preceding comparison of body and Rayleigh wave derived 𝛽 structure raises
a number of questions concerning mantle processes beneath the JdF ridge. Over what
depth interval does melting occur? Is melt present throughout the upper ~200 km as
suggested by body wave analysis (Byrnes et al., 2017; Eilon & Abers, 2017) or restricted
to a shallower asymmetric upwelling zone suggested by the surface wave imaging (Bell
et al., 2016)? Does the large velocity gradient east of the ridge reflect active mantle
downwelling? How does the magnitude of this velocity gradient vary with depth? The
discrepancies between models may also offer insights into heterogeneity in seismic
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anisotropy. The near vertically traveling teleseismic S-waves primarily reflect
horizontally polarized shear velocity while Rayleigh waves are sensitive to vertically
polarized shear velocity. Thus, differences between these models may reflect regional
variations in the dip and azimuth of mantle anisotropy. For example, the deep axial lowvelocity zone in the Byrnes model may appear slow relative to off-axis velocities if
upwelling aligns the seismically fast-axis of olivine vertically beneath the plate boundary
and mantle shear induced by the motion of the overlying plate aligns olivine fast-axes
parallel to the horizontal plane beneath the plate interior. Frequency dependent
attenuation (e.g., Yang et al., 2007; Eilon & Abers, 2017) may also generate
inconsistencies between models. The longer period (20-125 s) Rayleigh waves relative to
the shorter period (10 s) teleseismc S-waves may experience greater attenuation resulting
in a frequency-dependent relationship between 𝛽 and temperature (e.g., Stixrude &
Lithgow-Bertello, 2005). While the the joint analysis of shear and Rayleigh waves may
yield higher resolution images of upper mantle isotropic structure, identifying
inconsistencies between these datasets can provide additional insights into the physical
state of the upper mantle. In developing a joint inversion strategy, I begin by reviewing
the data processing and equations relevant to the independent analysis of teleseismic
body and surface waves.
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Figure 2: Cross sections through (a) the starting velocity
model, (b) S-wave perturbational model, and (c) Rayleigh wave
perturbational model along profile line shown in Figure 1.
Percent perturbations are plotted with respect to model in a. The
location of the JdF ridge is located at x = 0 km.
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Figure 3: Mean station delays (a) measured by Byrnes et al. (2017) and (b)
predicted through the shear wave velocity model of Bell et al. (2016). Predicted
sediment delays beneath each station have been removed. Note the change in
scale between a and b.

3.0 Body Wave Tomography
The inversion for seismic velocity variations from teleseismic body waves
recorded by a regional seismic network begins with the measurement of relative arrival
times (𝑡). These are commonly obtained via the method of Vandecar and Crosson (1990)
which involves computing the arrival time differences between station pairs for a single
event through waveform cross-correlation and then solving for a set of relative arrival
times. Explicitly, the difference in arrival between the ath and bth stations (𝑑𝑎𝑏 ) is given
by
𝑑𝑎𝑏 = 𝑡𝑎𝑝 − 𝑡𝑏𝑝 − 𝜏𝑎𝑏
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(1)

𝑝
where 𝑡𝑎,𝑏
is a predicted arrival time, typically estimated from a radial earth velocity

model but may also be an analyst pick, and 𝜏𝑎𝑏 is the cross-correlation derived delay time
between the ath and bth stations after aligning waveforms on their predicted arrival times.
An estimate of the relative arrival times at each station for a given event is obtained by
solving the following system of equations
𝑡𝑎 − 𝑡𝑏 = 𝑑𝑎𝑏

(2)

𝑁

(3)

∑ 𝑡𝑎 = 0
𝑎=1

Equation 3 forces the mean of the relative arrival times to zero and the sum is over the N
stations that recorded the event. The zero-mean constraint removes the source origin time
from the data. Thus, the relative arrival times are effectively relative travel-time
variations.
A velocity model that explains the observed relative travel-times is found by
minimizing the difference between observed and predicted data. The predicted traveltimes are estimated using ray theory and Dijkstra's algorithm is used to find the shortest
path through a model space discretized in terms of slowness (i.e. the inverse of velocity;
Dijkstra, 1959; Moser, 1991). For teleseismic rays, the computation of travel-times
proceeds in two steps. First, times to the edge of the imaging volume are calculated using
a radial earth model. Next, travel-times are calculated from a single station to the model
boundaries. The ray entry point is taken as the location on the model boundary where the
sum of these to travel-time fields is at a minimum. Dijkstra's algorithm is used to find the
shortest path between the entry point and a station. The predicted travel-time (𝑡̃) is
defined as
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(4)

𝑡̃ = 𝑡̃ 1𝐷 + ∫ 𝑢 𝑑𝑝
𝑝

where 𝑡̃ 1𝐷 is the travel-time through a radial earth model to the edge of the imaging
volume; 𝑢 is slowness, and the integral is over the discretized 3D ray path. As with the
observed data, the predicted travel-times are demeaned for each event. Note that the
resulting set of relative travel-time residuals, ∆𝑡 = 𝑡 − 𝑡̃, will have zero mean. Therefore,
these data will tend to construct an image containing perturbations that also have a zero
mean.
The travel-time residuals are inverted for slowness perturbations with respect to
the starting model and station and event static terms. This amounts to solving the
following system of equations which is typically under-determined and ill-posed,
∆𝑡𝑖𝑗 =

𝜕𝑡𝑖𝑗
∆𝑢 + ∆𝑔𝑗 + ∆𝑒𝑖
𝜕𝑢𝑘 𝑘

(5)

where ∆𝑡𝑖𝑗 is the relative travel-time residual for the ith event recorded by the jth station;
∆𝑢𝑘 is the perturbation to the kth model node; ∆𝑔𝑗 and ∆𝑒𝑖 are station and event static
𝜕𝑡

perturbations, respectively. The partial derivative 𝜕𝑢𝑖𝑗 is simply a weighted fraction of the
𝑘

ray path influenced by the kth slowness parameter. Under a ray theoretical (infinite
𝜕𝑡

frequency) approximation, 𝜕𝑢𝑖𝑗 is non-zero only for slowness parameters along the ray
𝑘

path. However, the delay times measured via cross-correlation of finite-frequency
waveforms are sensitive to velocity heterogeneity in a volume around the theoretical ray
path (Marquering et al., 1999; Dahlen et al., 2000). Calculation of these sensitivity
kernels is computationally demanding. Schmandt and Humphreys (2010) provide an
efficient approximation for their estimation, namely
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2

𝑥𝑛
𝐾 ∝ sin (𝜋 [
] )
𝑅𝐹 (𝑥𝑝 , 𝜔, 𝐷)
𝑏

(6)

where 𝑥𝑛 is the ray-normal distance to a model node and 𝑅𝐹 is the radius of the first
Fresnel zone which varies as a function of distance along the ray measured from the
station (𝑥𝑝 ), frequency (𝜔), and epicentral distance (𝐷). The value of 𝑅𝐹 can be
computed from the travel-time field and includes all potential propagation paths that yield
travel-times that are within a quarter period of the shortest path (Spetzler & Snieder,
𝜕𝑡𝑖𝑗

2001). The partial derivative 𝜕𝑢 may be written,
𝑘

𝜕𝑡𝑖𝑗
= −𝐾𝑘𝑏 𝑢𝑘−1 𝑑𝑥 3
𝜕𝑢𝑘

(7)

where 𝐾𝑘𝑏 is the value of the sensitivity kernel at the kth model node and 𝑑𝑥 3 is the
volume represented by that model node. Figure 4a illustrates the approximate normalized
sensitivity of a 10 s S-wave recorded at a distance of 90° to velocity heterogeneity. It is
important to note that the finite-frequency sensitivity kernels are generally only
implemented in the inverse problem in which case they effectively act as physically
based smoothing constraints that help to regularize the inversion.
4.0 Rayleigh Wave Tomography
In contrast to body waves, surface waves travel laterally across an array and
frequency-dependent phase delays between stations may be used to constrain absolute
propagation velocities. The propagation velocity is a function of the compressional and
shear wave speeds and density of the medium. Because surface waves are dispersive, the
propagation velocity varies with frequency with lower frequencies being sensitive to
structure at greater depths. These properties make surface wave tomography a valuable
tool for constraining depth variations in the absolute velocity structure of the earth. I
87

briefly summarize the analysis of fundemental mode Rayleigh waves for the construction
of phase velocity maps and then present the equations used to convert between phase and
shear velocity.

Figure 4: Comparison of approximate sensitivity kernels used in
tomography. (a) Normalized sensitivity kernel for a 10 s S-wave
recorded at a distance of 90°. Normalized phase sensitivity kernels to
phase velocity heterogeneity for a (b) 25 s and (c) 100 s northward
propagating Rayleigh wave with the JdF plate boundary shown for
scale; colorscale in a. (d) 1D shear wave velocity sensitivity kernels for
fundamental mode Rayleigh waves at periods between 25 s and 100 s.

A common approach to the analysis of surface waves is the two-plane wave
method described by Forsyth and Li (2005). Teleseismic surface waves propagating
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across a regional array are approximated as the sum of two plane waves with back
azimuths that may deviate from the great-circle path adjoining the source and a receiver.
The two-plane wave method approximates interference due to energy scattered along the
propagation path (i.e. multipathing). The data measured are the phase and amplitude of
windowed and narrow band filtered surface waves recorded across the seismic array for a
given event. A solution for the amplitude, phase, and azimuth of the two plane waves that
best fits the displacement estimated from the measured amplitude and phase is sought for
each event. Variations in phase across the array depend upon the phase velocity along the
propagation path. Thus, the best-fit solution produces maps of absolute phase velocity for
each frequency band measured. Owing to the finite frequency content of the observations,
perturbations in both the amplitude and phase reflect phase velocity heterogeneities in an
area surrounding the propagation path (Zhou et al., 2004). To illustrate the lateral
sensitivity of a teleseismic Rayleigh wave, I plot the phase sensitivity kernels for a 25 s
and 100 s plane wave using the approximation of Yang and Forsyth (2006) in Figure 4b
and 4c. Because of their long periods, teleseismic Rayleigh waves have a much broader
region of sensitivity compared to body waves (Figure 4a). Greater uncertainty in phase
measurements and broadening of the sensitivity kernels with increasing period limits the
lateral resolution of regional-scale phase velocity heterogeneity (Yang & Forsyth, 2006).
The inversion of Rayleigh wave phase and amplitude data results in the
construction of phase velocity maps at each period of observation. To convert the 2D
phase velocity maps to a 3D model of shear wave velocity, a third inversion is required
that relates these two parameters. This is often carried out as a series of 1D inversion for
vertical 𝛽 profiles which may be coupled through smoothing constraints (e.g.,
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Villagomez et al., 2007). At a given coordinate within the 2D phase velocity map, a
perturbation in phase velocity (∆𝑐) at a specific frequency (𝜔) is linearly related to
perturbations in compressional (𝛼) and shear velocity and density (𝜌) as a function of
depth (𝑧),
𝑛𝑧

𝜕𝑐(𝜔)
𝜕𝑐(𝜔)
𝜕𝑐(𝜔)
∆𝑐(𝜔) = ∑ ℎ𝑙 [
∆𝛼(𝑧𝑙 ) +
∆𝛽(𝑧𝑙 ) +
∆𝜌(𝑧𝑙 )].
𝜕𝛼(𝑧𝑙 )
𝜕𝛽(𝑧𝑙 )
𝜕𝜌(𝑧𝑙 )

(8)

𝑙=1

Above, 𝑛𝑧 is the number of layers and ℎ𝑙 is their thickness. At the periods of interests ( >
10 s), Rayleigh wave phase velocities are primarily sensitive to 𝛽. The sensitivity to 𝜌 is
approximatley an order of magnitude smaller than the sensitivity to 𝛽; the dependence on
𝛼 can be compareable to 𝛽 at shallow depths. An often used approximation to Equation
8 is
𝑛𝑧

∆𝑐(𝜔) ≈ ∑ ℎ𝑙 [
𝑙=1

𝜕𝑐(𝜔)
𝜕𝑐(𝜔)
𝜐+
] ∆𝛽(𝑧𝑙 )
𝜕𝛼(𝑧𝑙 )
𝜕𝛽(𝑧𝑙 )

(9)

where 𝜐 is the ratio of 𝛼 to 𝛽. The partial derivatives in Equations 8 and 9 are predicted
using software that calulates normal model solutions for laterally homogeneous media
(e.g., Saito, 1988). One-dimensional shear velocity sensitivity kernels for Rayleigh waves
at periods between 25 s and 125 s are shown in Figure 4d. The peak depth sensitivity to 𝛽
anomalies varies with period allowing vertical variations in 𝛽 to be resolved. This is
contrast to the relatively poor depth resolution of teleseismic body waves caused by their
near vertical propagation paths (Figure 4a). The system of equations in Equation 9 is
underdetermined and regularized by including additional equations that penalize the norm
and roughness of the perturbations.
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5.0 A Joint Inversion Approach
There are two general approaches to the joint analysis of body and surface wave
data for 3D shear velocity structure. One method imposes the phase velocity observations
as a constraint on the body wave tomography problem (e.g., Obrebski et al., 2011;
Villagomez et al., 2014). The other approach uses the phase velocity maps to predict
surface wave travel-times across an array. These predicted surface wave travel-times are
then jointly inverted with body wave arrival times for shear wave slowness (e.g., West et
al., 2004; Golos et al., 2018). I consider the simpler approach of inverting phase velocity
observations with relative travel-times.
The joint inversion amounts to finding the best-fit solution to Equations 5 and 9.
The data are the phase velocity maps and teleseismc relative travel-time observations.
The inversion requires the parameterization of three models. A 3D ray tracing model is
defined in terms of shear wave slowness (𝑢) and is used to predict teleseismic traveltimes. A 3D model of 𝛼, 𝛽, and 𝜌 is defined on the same lateral grid as the phase velocity
observations and is used to predict phase velocities and 1D sensitivity kernals. Because
the phase velocities and their sensitivity kernels depend upon the details of shallow
structure, a finer node spacing is used near the surface. The third model is the 𝛽
perturbational model through which the surface wave and body wave models are coupled.
To yield a consistent parameterization, Equation 9 is redefined as a function of 𝑢
by scaling it by -𝑢𝛽2 . Additional scaling of Equations 5 and 9 is required to account for
differences between the number of observations and variance of the two datasets. I
weight the equations according to,
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𝑤𝑛𝐵 =

𝑝
(1 − 𝑝)
𝑆𝑊
;
𝑤
=
𝑚
𝑆𝑊
𝑁𝜎𝑛𝐵
𝑀𝜎𝑚

(10)

𝑆𝑊
where 𝑤𝑛𝐵 and 𝑤𝑚
are the weights applied to nth and mth equations relating travel-time

and phase velocity residuals to model parameters, respectively; 𝑁 and 𝑀 are the total
𝐵,𝑆𝑊
number of body and surface wave observations; 𝜎𝑛,𝑚
is the estimated error for each

observation, and 𝑝 controls the relative weight between body and surface data. The linear
system of equations relating data residuals to model parameters may be written as
𝐵
𝐵
[ 𝑾𝑆𝑊𝑮 ] [∆𝑚] = [ 𝑾𝑆𝑊∆𝑡 ]
𝑾 𝑨
𝑾 ∆𝑐

(11)

where 𝑮 and 𝑨 are partial derivative matrices obtained from Equations 5 and 9,
respectively; ∆𝑚 is the model perturbational vector; 𝑾𝐵 and 𝑾𝑆𝑊 are matrices whose
diagonals are given by the weights in Equation 10; ∆𝑡 and ∆𝑐 are vectors containing the
travel-time and phase velocity residuals, respectively. Additional smoothing and damping
constraints are added to the above system following Toomey et al. (1994) and a solution
is found using the LSQR algorithm (Paige & Saunders, 1982). The resulting perturbations
are applied to the body and surface wave models and additional iterations are performed
until a convergence criteria is reached.
6.0 Synthetic Test
I use a synthetic experiment to demonstrate the improved resolution of the joint
inversion strategy discussed in Section 5.0. I construct a mid-ocean ridge shear wave
velocity model derived from temperatures predicted from a half-space cooling model
following Harmon and Forsyth (2009). To this base model I add four velocity anomalies
(Figure 5a). Two broad shallow zones defined by a 6% and 4% velocity reduction are
added to represent a broad triangular dry melting region with greater melt retention at
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shallow depths. Centered beneath the ridge is a narrower 100 km-wide region of 2%
velocity reduction which represents a zone of focused upwelling that extends to 125 km
depth. This anomaly is flanked by two 2% high velocity features meant to represent an
abrupt increase in velocity due to downwelling. A 200 km-wide region of 2% velocity
reduction extends from 125 to 200 km depth and represents a deep melting region. The
synthetic model geometry is inspired by the conceptual model for the JdF ridge presented
by Eilon and Abers (2017).
Travel-times and phase velocities are predicted for the sythetic model geometry.

Figure 5: Synthetic inversion results. (a) The true distribution of shear wave velocity anomalies. The
anomalies recovered by the inversion of synthetic S-wave delay times only and surface wave phase
velocities only are shown in b and c, respectively. Results from the joint inversion of both datasets are
shown in d. Color scale is in percent.

Stations recording synthetic teleseismic events are spaced every 50 km. The 100
synthetic events used are randomly distributed in azimuth and distance (range between
35° and 120°). Phase velocity maps are generated for 15 periods between 20 s and 125 s
and are the same as those considered by Bell et al. (2016); the S-wave arrivals are
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prescribed a central period of 10 s. Random errors drawn from normal distributions with
standard deviations of 250 ms and 0.04 km/s are added to the predicted travel-times and
phase velocities, respectively. These errors are comprable to those estimated in the
studies of Bell et al. (2016) and Byrnes et al. (2017). To mimick the reduction in lateral
resultion with increasing period, the phase velocity maps are smoothed with a Gaussian
filter whose characteristic length is 0.25𝑇𝐶̅ (𝑇) where 𝐶̅ (𝑇) is the mean phase velocity at
period 𝑇. These data are inverted independently and jointly using the base model
described above as a starting model. The perturbational model for all synthetic inversions
had 20 km node spacing in the x-, y-, and z-directions. The weighting parameter in
Equation 10 for the joint inversion is defined as 0.5.
The results of the synthetic tests are shown in Figure 5. The body wave-only
results (Figure 5b) capture the narrowness of the deeper low velocity region with an
amplitude that reflects the average of the low velocity zones beneath the ridge. Because
the travel-time data only contain information on relative changes in velocity structure, the
shallower and broader low velocity zone cannot be resolved. In comparison, the phase
velocity-only results (Figure 5c) capture the shallow and broad low velocity feature and
the average decrease in shallow velocity nearer the spreading center. While there is some
resolution of the high velocity anomalies, the geometry of the deeper structure remains
largely unresolved. As expected, the joint inversion yields the model that is most true to
the input structure and captures the main features of the synthetic anomlies (Figure 5d).
However, vertical smoothing causes the anomalies to appear slightly broader in depth.
Using a perturbational model with finer vertical node spacing at shallow depths, where
the Rayleigh wave sensitivity kernels are narrower, may help to resolve this issue.
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7.0 Summary
Preliminary tests of jointly inverting body wave relative travel-times and Rayleigh
wave phase velocities holds promise for improved imaging of mantle dynamics offshore
Cascadia. If the geometry of mantle upwelling varies with depth beneath spreading
centers, as has been recently proposed for the JdF ridge, body or surface wave
tomography alone provides an incomplete image of mantle structure. Future work will
more fully explore perturbational model parameterization and data weighting using
synthetic data and models that reflect the CI experiment geometry. Following these
synthetic tests, I will construct new seismic velocity models for offshore Cascadia by
jointly inverting existing S-wave and Rayleigh wave datasets.
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CHAPTER VI
CONCLUSION

This dissertation explored the evolution of the oceanic upper mantle from
accretion to subduction within a single tectonic plate system. Seismic data collected
across the JdF and Gorda plates has allowed me to construct the first images of the
mantle axial magmatic system at an intermediate-spreading rate ridge segment and place
new constraints on the scale of heterogeneity in the uppermost mantle. These results
provide new perspectives on the geometry of mantle flow and plate accretionary
processes beneath mid-ocean ridges and the structure of oceanic lithosphere. Beneath the
northern JdF ridge, plate and mantle divergence directions were found to be misaligned
with the orientation of mantle flow rotated ahead of recent changes in plate motion. A
comparison with observations from other mid-ocean ridge segments suggests a similar
pattern may be present globally. This lead to the speculation that stresses transmitted to
the base of the lithosphere by oblique mantle flow may be a driving force for changes in
plate motion and the formation of new spreading segments. Surficial indicators of magma
supply along oceanic ridge segments were found to be anti-correlated with the volume of
mantle melt present near the Moho. These observations indicate that the dynamics of
rifting rather than mantle upwelling control along strike changes in crustal thickness,
composition, and vigor of volcanic processes. Contrary to the common assumption that
seismic anisotropy in the oceanic lithosphere reflects the frozen in signal of deformation
at the Ridge, the JdF plate shows evidence that ductile deformation at near-Moho depths
continues away from the plate boundary and acts to reorient mantle fabrics. Because the
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anisotropy develops in response to viscous deformation, this result has implications for
the rheologic evolution of young lithospheric mantle. Seismic velocity images of the JdF
and Gorda mantle lithosphere demonstrate that faulting at the surface does not necessarily
translate into deformation and alteration at sub-Moho depths. Mantle velocities beneath
the extensively faulted and fragmenting Gorda plate exhibit an age-dependence that is
remarkably consistent with predictions from a half-space cooling model. In contrast, JdF
mantle velocities deviate notably from a simple cooling trend. Thus, along-strike
variations in the physical state of the subducting slab cannot be interpreted from surface
morphology on the incoming plate alone.
In all, this work highlights gaps in our understanding of lithosphere-asthenosphere
dynamics and the need for continued exploration of the Earth's ocean basins. There exist
a number of outstanding questions. What is the larger-scale pattern of mantle convection
beneath oceanic plates and what is its influence on the evolution of the lithosphere? Why
do seismic measures of mantle flow yield discrepancies between the motion of the
lithosphere and asthenosphere? While the accumulation of melts beneath oceanic
spreading centers may be explained via the thermal structure imposed by the rifting
geometry, how are these shallow axial magmatic systems connected to the deeper melt
production region? To address these questions, future work is aimed at integrating
seismic datasets to improve images of Earth structure.
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APPENDIX A
CHAPTER II SUPPORTING INFORMATION

Data and starting model
We use the arrival times of mantle refractions (Pn) that undershoot the ridge axis to
tomographically image the uppermost mantle. These data are picked on the outermost
shot lines and ocean-bottom seismometers (OBSs; each instrument is equipped with three
orthogonal geophones and a hydrophone) that make up the Endeavour Tomography
(ETOMO) experiment (Figure S1). The R/V Marcus G. Langseth’s well-tuned airgun
array provided an impulsive seismic source that allows us to pick Pn travel-times with
low uncertainty. To further enhance data quality, we summed the vertical and
hydrophone channels where good quality data was recorded on both components. A total
of 5,528 handpicked Pn arrivals with a mean standard deviation of 11 ms are included in
our tomographic inversion. The uncertainties were estimated visually based on the
impulsiveness of the Pn arrival and the trace-to-trace coherency of waveforms.
Additional sources of error affecting travel-time picks include source and receiver
location uncertainties, instrument clock corrections, and uncertainties in bathymetry.
These experimental errors are typically smaller than the picking error (Weekly et al.,
2014; Barclay et al., 1998). To ensure only mantle refractions are included in our dataset,
we only include picks with source-receiver offsets greater than 40 km. Figure S2 shows
Pn arrivals and travel-time picks from the shot line and OBS identified in Figure S1.
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Previous tomographic analysis
of 96,156 crustal refractions (Pg;
Weekly et al., 2014) and 22,577 Moho
reflections (PmP; Soule et al., 2016)
provides a 3D starting model of crustal
velocity and thickness. These studies
incorporated data from both the outermost experimental grid and a denser
grid of airgun shots and OBSs centred
along the ridge axis (Figure S1). As a
result, structure along the crustal legs
of Pn ray paths is well constrained
(Figure S3) and variations in Pn traveltimes largely reflect mantle structure
(Zhang et al., 2007).

Figure S1. ETOMO experiment geometry and Endeavour
ridge bathymetry. During the ETOMO experiment, 68
OBSs from the U.S. Ocean Bottom Seismograph
Instrument Pool were deployed at 64 sites (triangles and
circles identify instruments operated by Scripps Institution
of Oceanography and Woods Hole Oceanographic
Institution, respectively). Each instrument recorded over
5500 airgun shots from the 36-element, 6600-cubic-inch
airgun array of the R/V Marcus G. Langseth, fired at
intervals of 450 m (~210 s) along track lines (black dots).
The bathymetry shown is that collected during the cruise
with the R/V Marcus G. Langseth’s EM122 multibeam
system. The mantle structure is imaged using a subset of
the OBSs (filled yellow symbols) and airgun shots (bold
black points). The OBS and events for which waveforms
are shown in Figure S2 are identified by the red circle and
red rectangle, respectively. The dashed black line shows the
map-view extent of the rectangular inversion volume. The
thin black line identifies the Pacific-Juan de Fuca plate
boundary.
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Figure S2. Example record section with Pn waveforms and travel-time picks. The Pn phase is identified (red
bars with dotted lines show the travel-time picks and associated 1σ uncertainty) at shot-station offsets greater
than 40 km. The station and events for which the waveforms are shown are identified in Figure S1. The data
recorded on the vertical and hydrophone channels are stacked and band-pass filtered between 3 and 15 Hz
and a reduction velocity of 7.6 km/s is applied.

Azimuthal anisotropy
We use azimuthal variations in Pn
travel-time residuals to identify the
segment-scale anisotropic structure.
Weak upper mantle anisotropy is wellapproximated by a hexagonal
symmetry system with an axis of
symmetry (the fast direction of P-wave
propagation) oriented sub-parallel to
the horizontal plane (Nicolas &
Christensen, 1987; Becker et al.,
2006). Under this approximation, Pwave velocity varies azimuthally as a
periodic function of 2𝜃 and 4𝜃 terms,

Figure S3. Crustal thickness constraints at Pn mantle entry
points. Comparison of PmP Moho bounce points (blue
dots; Soule et al., 2016) and Pn mantle entry points (red
dots) shows that crustal thickness is well constrained along
the crustal legs of Pn ray paths. The plate boundary is
shown by the dashed black line.

100

where 𝜃 is the source-receiver azimuth with respect to the spreading direction (Backus,
1965; Shearer & Orcutt, 1986). Assuming a homogeneous mantle anisotropic structure,
this gives rise to a sinusoidal pattern in arrival time delays (∆𝑡), which can be
parameterized as follows:
∆𝑡 = 𝛼0 + 𝛼1 cos(2𝜃) + 𝛼2 sin(2𝜃) + 𝛼3 cos(4𝜃) + 𝛼4 sin(4𝜃)
Where 𝛼0 is the mean delay and 𝛼1, 𝛼2, 𝛼3, and 𝛼4 controls the magnitude and
orientation of mantle anisotropy. The amplitude (𝐴𝑛 ) and phase (𝜓𝑛 ) of the 2𝜃 (n = 2)
and 4𝜃 (n = 4) terms are defined as follows:
2
𝐴𝑛 = √𝛼𝑛−1
+ 𝛼𝑛2

𝜓𝑛 = atan (

𝛼𝑛
)
𝛼𝑛−1

Standard errors (𝑠𝑧 ) in the amplitude and phase are estimated using the Gaussian error
propagation rule (Taylor, 1994):
𝑠𝑧 = √(

2
2
𝜕𝑧
𝜕𝑧
𝑠 ) +(
𝑠 )
𝜕𝛼1 𝛼1
𝜕𝛼2 𝛼2

where z is the amplitude or phase. In mantle rocks, the 4𝜃 terms are predicted to be much
smaller than the 2𝜃 terms (Shearer & Orcutt, 1986) and so we choose to set 𝛼3 and 𝛼4 to
zero. This choice is justified by our data. Attempting to fit all five free parameters does
not significantly alter the magnitude or the fast-axis orientation relative to fitting only 2𝜃
terms. This is because the amplitudes of the best-fit 4𝜃 terms are an order of magnitude
smaller than the 2𝜃 terms. Furthermore, the standard errors in the 𝛼3 and 𝛼4 parameters
are of the same order as the parameter values themselves indicating they are not required
to fit our Pn dataset.
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We determine the coefficients 𝛼0, 𝛼1, and 𝛼2 using a weighted least-squares fit to
the Pn travel-time residuals. Delays are calculated with respect to an isotropic,
homogeneous (7.6 km/s) mantle and corrected to a common range (40 km) based on the
mantle path length. To reduce the effects of isotropic heterogeneity in our estimate of
anisotropy, we bin the Pn delays and fit the mean delay in each bin. Errors in the mean
delay of each bin are estimated using a Student’s t-test with a 95% confidence interval.
These errors are used to weight the least-squares fit.
We made many estimates of anisotropy across a range of bin sizes and data
subsets, all of which indicate clockwise rotation in the fast-direction of mantle anisotropy
with respect to the plate-spreading direction (110°; Gripp & Gordon, 2002). We present
two anisotropic models in Figures S4a-b. The first model includes all 5,528 Pn delays
binned at 10° (Figure S4a) and has a best-fit fast-axis orientation of 127° ± 1° and a
magnitude of 3.9% ± 0.5%; relative to the plate-spreading direction, the fast-axis is
skewed clockwise by 17°. To remove potential complexities associated with the OSCs,
where isotropic heterogeneity is particularly pronounced (Chapter II, Figure 2b), a second
model is presented (Chapter II, Figure 3 and Figure S4b) in which we removed all Pn
delays associated with ray paths that pass beneath overlapping portions of the ridge (a
total of 1,232 delays are removed). This second anisotropic model has a best-fit
orientation of 122° ± 1° and magnitude of 4.7% ± 0.4%; relative to the plate-spreading
direction, the fast-axis is skewed clockwise by 12°. We note that a homogeneous
anisotropic structure alone explains greater than 40% of the data variance, indicating that
seismic anisotropy is a robust signal in our data. In addition to estimating mantle
anisotropy by analysing travel-time delays, we also performed grid-search inversions
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over various anisotropic models (see Model Sensitivity). These results are consistent with
the anisotropic structure interpreted from azimuthal variations in Pn delays, in particular,
the subset of Pn data that does not include paths beneath the OSCs. On the basis of these
analyses, we imposed the anisotropic structure presented in Chapter II, Figure 3 and
Figure S4b to construct our preferred tomographic solution.

Figure S4. Anisotropic models recovered from measured and synthetic Pn delay times. The mantle seismic
anisotropic structure is identified by least-squares fitting a cos2θ-curve (blue line) to mean Pn travel-time
delays (red points) as a function of ray azimuth. Error bars show the 95% confidence interval in the mean
delay time as determined by a Student’s t-test. The best-fit orientation of the seismically fast-axis with respect
to the plate-spreading direction (clockwise positive) and the magnitude of anisotropy for each curve are
displayed at the top of each plot along with their standard errors. The vertical dashed and solid lines mark
the spreading direction (110°; Gripp & Gordon, 2002) and the seismically fast-axis orientation, respectively.
We make estimates of the mantle anisotropic structure using (a) all measured Pn delays and (b) a subset of
the data in which delays associated with ray paths traveling beneath either OSC are removed. In (c) and (d),
we show the recovery of anisotropic models from fitting synthetic Pn delays using the data geometry in (a)
and (b), respectively. The synthetic data was calculated for an isotropic mantle structure taken from our
preferred solution (Chapter II, Figure 2b) and 4% mantle anisotropy with the fast-axis oriented parallel to the
plate-spreading direction (110°).

We also verified that our estimate of anisotropy is not an artefact of the Pn ray
geometry or likely heterogeneity in the isotropic structure. To do this we created
synthetic Pn travel-times for a model that included our preferred mantle isotropic
structure (Chapter II, Figure 2b) and 4% mantle anisotropy with the fast-axis oriented
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parallel to the plate-spreading direction (110; Gripp & Gordon, 2002). Random noise
with a standard deviation of 11 ms was added to the synthetic travel-times. We then
determined the best-fit anisotropic model following the methods described above. Fitting
all synthetic Pn delays, including those that sample the overlapping ridges, the best-fit
anisotropic model has a fast-axis orientation of 112 ± 1 and a magnitude of 3.6% ±
0.4% (Figure S4c). The fast-axis orientation is slightly overestimated in the clockwise
direction and the magnitude of anisotropy is within the standard error. Fitting only those
synthetic Pn delays that travel beneath the non-overlapping sections of the Endeavour
segment results in a best-fit fast-axis orientation of 110 ± 1 and magnitude of 5.2% ±
0.4% (Figure S4d). This subset of Pn delays accurately determines the fast-axis
orientation but over predicts the magnitude by ~1%. We conclude from these tests that
the anisotropic models predicted from fitting Pn travel-time residuals are not significantly
influenced by likely heterogeneity in isotropic structure or ray path coverage.
Tomographic Procedure
We use an iterative tomographic technique in which travel-time residuals are inverted for
3D slowness (i.e. inverse of velocity) perturbations (Dunn et al., 2005; Toomey et al.,
1994). Ray paths and travel-times are predicted using a shortest path algorithm (Moser,
1991). Ray tracing is performed on a 3D grid parameterized in terms of anisotropic
slowness (Dunn et al., 2005) and includes seafloor topography (Toomey et al., 1994).
Anisotropic slowness (𝑢) is parameterized assuming a hexagonal symmetry system and is
defined as:
𝑢(𝑟⃑) =

𝑢𝑖𝑠𝑜 (𝑟⃑)
1 + 𝐴(𝑟⃑) cos[2𝜃(𝑟⃑)] + 𝐵(𝑟⃑) sin[2𝜃(𝑟⃑)]

104

where 𝑢𝑖𝑠𝑜 is the isotropic slowness at position 𝑟⃑, 𝜃 is the ray azimuth measured from the
x-axis, and 𝐴 and 𝐵 are scale terms that control the magnitude and orientation of the fastaxis of seismic anisotropy defined as 2√𝐴2 + 𝐵 2 and 0.5atan(𝐵 ⁄𝐴), respectively. For
the forward problem, we use a grid spacing of 200 m in the x-, y-, and z-directions. The
inversion volume extends 90 km in the cross-axis direction, 120 km in the ridge-parallel
direction, and 11 km beneath the seafloor (Figure S1).
The inverse problem is regularized with smoothing and damping constraints
requiring the user to specify a priori smoothing parameters and model uncertainties. We
chose to minimize a function of the form:
−1 (𝑚
𝑠 2 = ∆𝑡 ′ 𝐶𝑑−1∆𝑡 + 𝜆𝑝 (𝑚0 + ∆𝑚)′𝐶𝑚
0 + ∆𝑚)

+ 𝜆𝑣 (𝑚0 + ∆𝑚)′𝐶𝑣−1 (𝑚0 + ∆𝑚) + 𝜆ℎ (𝑚0 + ∆𝑚)′𝐶ℎ−1 (𝑚0 + ∆𝑚)
where ∆𝑡 is a vector containing the differences between observed and predicted traveltimes; 𝐶𝑑 is a diagonal matrix containing the data variance defined by the squared traveltime uncertainties; 𝑚0 is a vector of the cumulative perturbation to the isotropic and
anisotropic model parameters from previous iterations; ∆𝑚 is the model perturbation for
the current iteration; 𝐶𝑚 is a diagonal matrix containing the a priori model variance; 𝐶𝑣
and 𝐶ℎ are matrices that apply vertical and horizontal nearest-neighbour smoothing,
respectively, to each model parameter; and 𝜆𝑝 , 𝜆𝑣 , and 𝜆ℎ are weighting parameters that
set the relative importance of damping, vertical smoothing, and horizontal smoothing
constraints, respectively. The perturbational model for isotropic slowness is gridded at 1
km intervals in the x-, y-, and z-directions. With nearest-neighbour smoothing
constraints, this grid spacing results in slowness perturbations that are smoothed over a
volume comparable to that of the first mantle Pn Fresnel volume, which defines the
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theoretical limit of our spatial resolution (Zhang et al., 2007). We assess the model fit to
the observed travel-times and compare alternative solutions using the following metric:
𝑁

1
Δ𝑡𝑖2
2
𝜒 = ∑ 2
𝑁
𝜎𝑖
𝑖=1

where 𝑁 is the number of travel-time residuals and Δ𝑡𝑖 and 𝜎𝑖 are the travel-time residual
and pick error for the ith observation, respectively. Values of 𝜒 2 < 1 suggest the model is
overfitting the data and values of 𝜒 2 > 1 suggest the model is underfitting the data. We
seek solutions that are spatially smooth, limit the norm of the perturbational model
vector, and attain a 𝜒 2 reasonably close to unity.
Our preferred model was obtained with 𝜆𝑣 = 𝜆ℎ = 200, 𝜆𝑝 = 1, and depth
dependent slowness uncertainties increasing from 1% in the upper crust to 50% in the
mantle. Crustal uncertainties are taken to be small since the three-dimensional crustal
structure and thickness is constrained by previous work (Weekly et al., 2014; Soule et al.,
2016). The Pn ray paths sample a depth range between 6.5 and 8 km beneath the seafloor
and because their Fresnel zone is approximately 2 km in the vertical dimension we cannot
resolve vertical variations in structure beneath the Moho. Therefore, we chose a vertical
smoothing value such that model perturbations do not vary significantly with depth
beneath the Moho (Figure S5). We display our preferred solution at 7.8 km beneath the
seafloor (Chapter II, Figure 2b), which is the shallowest seafloor-conformable depth that
is entirely within the mantle (Figure S5a-b). A map view section that is conformable to
the Moho surface is effectively identical (Figure S5c). We searched over various
horizontal smoothing values and chose that which provided a smooth solution that fit the
data well. Travel-time calculations and inversion for model parameters were performed
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until the RMS travel-time residual converged (typically 4-5 iterations). Our preferred
model converged to a 𝜒 2 -misfit of 1.06 and RMS travel-time residual of 11 ms after 4
iterations (Figure S6).

Figure S5. Alternative depth slices through the preferred tomographic mantle velocity model. The isotropic
mantle velocity structure is shown at (a) 7.2 km and (b) 8.8 km beneath the seafloor. In (c), we show the
isotropic structure on a Moho-conformable surface located 400 m beneath the Moho. Regions of the model
space located above the Moho are masked in white and regions with low Pn data coverage are masked in
grey. Mantle velocities at each depth slice are effectively identical to each other. The contour interval is 0.1
km/s. The plate boundary is shown by the dashed black line.

Model Sensitivity
We performed numerous inversions to test the stability of our result with respect to
inversion parameters, perturbational grid size, and the starting mantle and crustal velocity
models. In general, decreased smoothing and damping constraints and finer perturbation
grids result in higher magnitude, shorter wavelength perturbations while increased
smoothing and damping constraints, and coarser perturbation grids result in lower
magnitude and smoother perturbations. Changes to the initial isotropic mantle velocity
produced effectively identical mantle images. The main features of our preferred model,
anomalously broad and high magnitude MLVZs beneath the OSCs and a narrower region
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of low velocities beneath the
segment centre, were consistently
observed in all our tomographic
solutions.
To examine the trade-off
between isotropic and anisotropic
structure we performed a series of
grid-search inversions over starting
models with fixed anisotropy
orientations. A clear minimum in
the 𝜒 2 -misfit is observed when the
fast-axis orientation matches that
fit to the Pn travel-time residuals
(Figure S7), which is rotated 12°

Figure S6. Distribution of Pn travel-time residuals before and
after tomographic analysis. Histogram plots of travel-time
residuals with respect to (a) the starting 3D crustal model and a
homogeneous, anisotropic mantle model and (b) the preferred
mantle solution (Chapter II, Figure 2b). Residuals are binned at
10 ms intervals. Prior to inversion (a), the Pn travel-time
residuals have a mean and standard deviation of 0 ms and 48
ms, respectively. After four iterations (b), the mean residual is
0 ms and the standard deviation is reduced to 11 ms. The
preferred solution (Chapter II, Figure 2b and 3) explains greater
than 97% of the data variance.

clockwise from the plate-spreading
direction. The grid-search results presented in Figure S7 were performed with a
magnitude of anisotropy of 4.7% (i.e. the best-fit magnitude determined from travel-time
residuals). Similar curves are obtained when imposing a magnitude of anisotropy of 3.5%
and 6% (Figure S7). However, at these magnitudes the model misfit is systematically
greater compared to the best-fit magnitude. Imposing an isotropic mantle resulted in a
significantly increased 𝜒 2 -misfit (1.62) substantiating the presence of mantle anisotropy.
Limited azimuthal coverage and strong isotropic heterogeneity prevented a robust
interpretation of mantle anisotropy beneath overlapping portions of the Endeavour from
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travel-time residuals alone. To determine if anisotropic structure is required beneath the
segment ends, we inverted our Pn dataset assuming only the mantle beneath the central,
non-overlapping, portion of the Endeavour is seismically anisotropic. This resulted in an
increased 𝜒 2 -misfit (1.14) suggesting the mantle beneath the entire length of the
Endeavour is seismically anisotropic.

Figure S7. Normalized data misfit versus azimuth of
anisotropy. The fit of tomographic solutions to the Pn traveltime data is shown for different anisotropic mantle models.
Red and blue points along the black curve show how the
normalized data misfit varies as a function of the seismically
fast-axis orientation at a constant magnitude of anisotropy of
4.7%. Similarly, the black points along the solid and dashed
gray lines show the normalized data misfit as a function of the
seismically fast-axis orientation for models with 6% and 3.5%
anisotropy, respectively. The vertical dashed black line
indicates the plate-spreading direction (Gripp & Gordon,
2002).

To test the sensitivity of our preferred solution to the starting crustal thickness
model, we inverted the Pn arrival times under the assumption that crustal thickness does
109

not vary, which is a poor assumption given previous studies at Endeavour (Soule et al.,
2016; Carbotte et al., 2008) and elsewhere along the JdFR (Carbotte et al., 2008;
Marjanović et al., 2011) and EPR (Canales et al., 2003). We created a model with
uniform crustal thickness of 6.8 km (the mean value of the tomographically determined
crustal thickness model from Soule et al., 2016) and inverted our Pn dataset for isotropic
perturbations. We assumed our preferred anisotropic model and followed the inversion
procedure outlined above. The recovered isotropic structure (Figure S8a) is comparable
to our preferred results (Chapter II, Figure 2b and Figure S5). In particular, the MLVZ is
relatively narrow beneath the central region of the Endeavour segment and anomalously
wide beneath each OSC. The primary effect of assuming constant crustal thickness is to
decrease the amplitude of the low-velocity anomalies beneath each OSC. This occurs
because the assumed crustal thickness (6.8 km) overestimates the thickness of the crust
beneath each OSC by 0.5-0.8 km. We also verified that the anisotropic structure
interpreted from Pn delays is insensitive to crustal thickness variations. We calculated
azimuthal variations in Pn travel-times relative to a model with constant crustal thickness
(6.8 km) and an isotropic, homogeneous (7.6 km/s) mantle (Figure S8b). These residuals
are processed and fit following the same procedure used to construct our preferred
anisotropic model. The best-fit fast-axis orientation and magnitude is 125° ± 1° (15°
clockwise from the plate-spreading direction) and 4.7% ± 0.4%, respectively. This result
is nearly identical to our preferred estimate of mantle anisotropy. We conclude that the
mantle isotropic and anisotropic structure is relatively insensitive to crustal thickness
variations.
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Figure S8. Tomographic result assuming constant crustal thickness. (a) The
isotropic mantle velocity structure recovered from inverting our Pn dataset
using a starting model with uniform crustal thickness (6.8 km) is shown at
7.8 km beneath the seafloor. Contour interval is 0.1 km/s. Areas of low Pn
data coverage are masked in grey. The plate boundary is shown by the
dashed black line. In (b), we show the mean Pn delays plotted by azimuth.
Error bars show the 95% confidence interval in the mean delay time as
determined by a Student’s t-test. The best-fit fast-axis orientation and
magnitude is 125° ± 1° (15° clockwise from the plate-spreading direction)
and 4.7% ± 0.4%, respectively. The vertical dashed and solid lines mark the
spreading direction (110°; Gripp & Gordon, 2002) and the seismically fastaxis orientation, respectively.

Model Resolution
We identify the region in which our preferred model is well resolved by analysing the
spatial distribution of ray paths. Specifically, we use the derivative weight sum (DWS) to
measure the density of predicted ray paths that influence each perturbational node in the
inversion volume (Toomey & Foulger, 1989). Based on checkerboard resolution tests
(discussed below), anomalies located within regions of the model space with a DWS less
than ~30 are poorly reconstructed. Therefore, we mask regions of the model with a DWS
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below 30. The vast majority of mantle perturbational nodes within 20 km of the plate
boundary have a DWS value greater than 1000 (Figure S9a).

Figure S9. Mantle data coverage and resolution. (a) The relative density of mantle ray coverage is shown by
the derivative weight sum (DWS; Toomey & Foulger, 1989). Dense mantle ray coverage (DWS > ~30)
extends along the entire length of the Endeavour segment and within ~20 km of the plate boundary. (b) The
recovery of synthetic mantle checkerboard-patterned anomalies is shown at 7.8 km beneath the seafloor. The
true model contains a sinusoidal pattern of velocity perturbation in the xy-plane with a peak magnitude of
5% applied to a 7.6 km/s mantle. The wavelength of the velocity perturbations is 10 km in both x- and ydirections. Black gridlines mark the true boundary between alternating fast and slow perturbations in the
synthetic model. (c) The recovery of cylindrical mantle low-velocity anomalies is shown at 7.8 km beneath
the seafloor. The size and locations of the five anomalies are shown by grey circles. The magnitude of each
low-velocity anomaly is 5% with respect to a 7.6 km/s mantle. In (b) and (c), contours are drawn at 1%
intervals and the 0% contour is omitted for clarity. The dashed black lines in each panel show the location of
the plate boundary.

We assess the resolution of mantle isotropic structure using checkerboard tests.
We constructed synthetic models with an alternating sinusoidal pattern of positive and
negative isotropic velocity anomalies with a magnitude of 5% applied to a homogeneous
mantle with velocity of 7.6 km/s. Each anomaly covered a 10 km by 10 km square region
in the xy-plane and the polarity of the anomalies did not vary with depth. No anomalies
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were placed within the crust and we imposed 4% mantle anisotropy with a fast-axis
rotated 12° clockwise from the plate-spreading direction. We calculated travel-times for
Pn arrivals using the same data geometry used to construct our preferred solution. Each
travel-time was assigned an uncertainty of 11 ms and random noise with a standard
deviation of 11 ms was added to the synthetic Pn dataset. These travel-times were then
inverted for isotropic perturbations (the true anisotropic structure was assumed for the
starting model) following the same inversion procedure used in our preferred solution.
The results of this test are shown in Figure S9b. In general, the distribution of recovered
mantle perturbations accurately reflects the true checkerboard model. The locations of
low-velocity anomalies are well recovered while the magnitudes are typically
underestimated. Our checkerboard tests indicate mantle structure is well constrained
within ~20 km of the plate boundary and beneath each OSC.
In addition to checkerboard tests, we assess our model resolution by
reconstructing more geologically plausible anomalies. We constructed a synthetic model
containing three circular low-velocity anomalies, 5 km in diameter, along the segment
centre. We also placed two circular low-velocity anomalies, 10 km in diameter, beneath
either OSC. The magnitude of all five MLVZs is 5% with respect to a 7.6 km/s mantle
and each anomaly extends from the Moho to the base of our model. Synthetic arrival
times were created, processed, and inverted the same as for the checkerboard test
described above. The true and recovered models are shown in Figure S9c. The locations
of all five anomalies are accurately recovered and, as is common in tomography, the
magnitude of the low-velocity anomalies are underestimated by ~1-2%. As a
consequence of the smoothing constraints required to regularize the inverse problem, the
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spatial extent of each anomaly is overestimated by at most a few kilometres. We
conclude from this resolution test that the broad MLVZs beneath the OSCs observed in
our preferred tomographic solution (Chapter II, Figure 2b) are a robust feature and that
velocity anomalies as small as ~5 km in diameter are resolved by our Pn dataset.
Estimates of Melt Fraction
We attribute variations in the isotropic component of mantle velocity to elevated
temperatures and partial melt. We first attempt to explain the low-velocity anomalies in
terms of thermal perturbations alone. Away from tectonic offsets, velocity minima
beneath the ridge axis are 0.4 km/s slower than seismic velocities 10 km off axis. Within
the OSCs, mantle velocities are reduced by 0.6 km/s with respect to velocities 15 km
from the plate boundary. Accounting for both anharmonic and anelastic effects (Dunn et
al., 2000; Karato, 1993), thermal anomalies in excess of 300 K and 500 K are required to
fully explain the reduced seismic velocities across the segment centre and segment ends,
respectively. Such cross-axis variations in sub-Moho temperatures are inconsistent with
mid-ocean ridge thermal models (Morgan & Chen, 1993), which predict gradual
temperature variations of ~200 K within 10 km of the plate boundary. An increase in
temperature of 200 K explains less than 60% of the MLVZ minima near the segment
centre and less than 40% of the MLVZ minima within the OSCs. We interpret the
remaining velocity anomaly in terms of partial melt. If melt is distributed in thin films
and tubules (Hammond & Humphreys, 2000), the remaining velocity anomaly is
consistent with <2% melt beneath the segment centre and 1 to 5% melt beneath the
OSCs. Along-axis variations in seismic wave speeds likely reflect variations in the extent
of partial melt within the mantle. Temperature is not expected to vary significantly in the
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ridge-parallel direction except near tectonic offsets where the juxtaposition of older crust
should result in cooler axial temperatures (Neumann & Forsyth, 1993; Magde & Sparks,
1997). However, we observe the lowest velocities beneath the OSCs, which does not
suggest a cooler mantle and instead suggests these 2nd-order discontinuities are currently
regions of greater melt fractions.
We use our preferred tomographic solution (Chapter II, Figure 2b) to make an
upper estimate of the volume of mantle melt beneath each OSC and the segment centre.
We calculate the change in P-wave velocity with respect to a 7.8 km/s mantle assuming
no melt is present at velocities  7.8 km/s. Next, we adjust the velocity perturbations to
account for a 200 K thermal anomaly and include both the anharmonic and anelastic
effects of temperature on P-wave velocity (Dunn et al., 2000; Karato, 1993). We convert
the remaining velocity anomaly to partial melt assuming melt is distributed in relaxed
thin films and tubules (Hammond & Humphreys, 2000). The calculated partial melt
fractions are partitioned into three regions—the southern OSC (below ~4745’N), the
central Endeavour (between ~4745’N and ~4810’N), and the northern OSC (above
~4810’N). To estimate the volume of melt within each region, the melt fractions are
integrated over each of the three areas to a depth of 4 km (the approximate sub-Moho
depth sensitivity of Pn phases). Only velocity perturbations in well-resolved (unmasked)
regions of our preferred solution (Chapter II, Figure 2b; Figure S9a) were used in this
calculation. We estimate as much as 90 km3 of melt is present beneath each OSC. We
estimate as much as 40 km3 of melt is present beneath the central Endeavour.
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Potential Influence of Seamount Chains on Mantle Melt Distribution
We argue that the seismically inferred mantle melt distribution beneath the
Endeavour segment cannot be attributed to the influence of nearby seamount chains.
There are three seamount chains that intersect the Endeavour ridge. From south to north
these are the Springfield, Heckle, and Heck Seamounts that intersect the ridge at the
southern OSC, segment centre, and northern OSC, respectively. Geochemical
investigation of these seamounts shows them to be petrologically distinct from
Endeavour axial basalts (Karsten et al., 1990). Additionally, the petrology of basalts
collected along the Endeavour ridge do not show evidence for along-axis variations in
melt supply (Karsten et al., 1990). These observations suggest that nearby seamount
chains have not influenced melt production beneath the Endeavour. We also note that
Endeavour seamount, which sits between the overlapping limbs of the northern OSC, was
not produced in situ but was captured following a ridge propagation event (Karsten et al.,
1986) and thus does not reflect recent melt production or melt extraction processes
beneath the northern Endeavour ridge. However, if we assume these seamount chains are
associated with melting anomalies, then both the segment centre and segment ends
should be regions of enhanced mantle melt supply. However, anomalously thick crust is
only located beneath the segment centre (near the intersection of the Heckle seamounts)
and the crust thins beneath either OSC (Soule et al., 2016; Carbotte et al., 2008). Given
that we observe anomalously low and broad seismic velocity anomalies beneath either
OSC with respect to the segment centre, the hypothetical excess melt associated with the
Springfield and Heck Seamounts would appear to be preferentially trapped beneath the
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OSCs. Thus, as we have argued, along-axis variations in the volume of mantle melt must
be related to variations in the efficiency of mantle melt extraction.
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APPENDIX B
CHAPTER III SUPPORTING INFORMATION

Introduction
Here we provide additional details of our data analysis. We describe our arrival
time picking strategy (Text S1), present the data subsets and Pn ray coverage used in our
analysis (Text S2), and discuss the sensitivity of our preferred solution to prescribed
model parameters (Text S3). In Text S4, we describe how we estimate the mean paleospreading direction sampled by our dataset. Five supporting figures relevant to our results
are included.
Text S1. Arrival Time Picking Procedure
Following Skintaku et al. (2014), we employ an automated picking method in which
we fit a linear profile to the logarithm of the envelope of the Pn waveform (Chapter III,
Figure 2). This method takes advantage of the clear ramp-up in amplitude at the onset of
the Pn arrival. Seismograms are bandpass filtered between 5 Hz and 10 Hz (the band in
which the Pn phase is most clearly visible; Chapter III, Figure 2a-b). Next, we calculate
the envelopes of the filtered waveforms and take the natural logarithm of the envelope.
As pointed out by Shintaku et al. (2014) and observed in our dataset, the noise pattern
before and after the onset of Pn is not normally distributed but contains larger negative
excursions than positive. A least-squares fitting technique assumes the noise in the data to
be fit is normally distributed. Thus, we smooth the logarithm of the envelope with a 10point moving average (Chapter III, Figure 2c-d) such that this assumption is met.
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While our data processing steps are identical to Shintaku et al. (2014), our fitting
procedure differs. We characterize the smoothed logarithm of the Pn envelopes with three
domains defined by the lines (Chapter III, Figure 2c):
𝑦(𝑡 < 𝑡0 ) = 𝑦0
𝑦(𝑡0 ≤ 𝑡 < 𝑡1 ) =

(𝑦1 − 𝑦0 )
(𝑡 − 𝑡0 ) + 𝑦0
(𝑡1 − 𝑡0 )

𝑦(𝑡 ≥ 𝑡1 ) = 𝑦1
Domain I (𝑡 < 𝑡0 ) includes 10 s of signal before the ramp onset, domain II (𝑡0 ≤
𝑡 < 𝑡1 ) spans the duration of the ramp, and domain III (𝑡 ≥ 𝑡1 ) includes 10 s following
the end of the ramp. We invert in a least-squares sense for the best-fit 𝑡0 , 𝑦0, 𝑡1 , and 𝑦1
parameters which define the starting and ending points of the ramp (Chapter III, Figure
2c). This problem is non-linear so we iterate to find the optimal solution. The solution
converges quickly within 10 iterations (Chapter III, Figure 2c-d). The best-fit 𝑡0
parameter (i.e. the starting time of the ramp) after 10 iterations is taken as the Pn arrival
time. The starting model for the picking procedure is defined as follows; 𝑡0 is the
predicted Pn arrival time; 𝑡1 is equal to 𝑡0 + 2 (i.e. a 2 s ramp duration is initially
assumed); and 𝑦0 and 𝑦1 are defined as the mean of the smoothed logarithm of the
envelope on the intervals of (𝑡0 − 10, 𝑡0 ) and (𝑡1 , 𝑡1 + 10), respectively. All picks are
visually inspected and assigned user-defined relative errors based on the signal-to-noise
ratio and impulsiveness of the Pn arrival. The errors are used to weight the Pn traveltimes for event relocations.
In comparison, Shintaku et al. (2014) require the ramp duration to be the same for
all stations for a given event. However, we find that for a given event the ramp duration
tends to vary with offset with closer range arrivals typically having a shorter ramp
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duration. It may be that this dependence is only seen in relatively short-range arrivals and
becomes less significant when propagation distances exceed 500 km (as in Shintaku et
al., 2014). Additionally, Shintaku et al. (2014) grid-search over prescribed 𝑡0 values to
find the optimal solution whereas we have adopted an iterative least-squares approach.
Text S2. Data Coverage
To characterize the anisotropic structure surrounding the Blanco Transform Fault
separate from that of the plate interior and to mitigate potential relocation errors
associated with biased azimuthal ray coverage, we relocate Blanco events using a subset
of our Pn dataset that only includes arrivals recorded on stations located within 180 km of
the transform fault. Figure S1a shows the ray paths for the 317 arrivals included in this
data subset. We use Pn travel-times with ray paths that are confined to the Juan de Fuca
(JdF) plate (Figure S1b) to estimate the uppermost mantle anisotropic structure of the
plate interior. This plate interior dataset includes 623 arrival times 183 of which are
common to the relocation data subset. We note that due to limited azimuthal coverage,
we cannot resolve any spatial variations that might exists in the anisotropic signal.

120

Figure S1. Map-view Pn ray paths for the (a) Blanco and (b) plate interior data subset. Seismic stations and
relocated events are shown by the red triangles and points, respectively. The black line identifies the plate
boundaries. The number of rays in each data subset is defined in the top right corner. The polar plots display
the range (radial axis) and azimuth (clockwise from north) of each Pn travel-time measurement in the (c)
Blanco and (d) plate interior data subsets.

Text S3. Preferred Model and Solution Sensitivity
As a consequence of imperfect ray coverage, the uncertainty in our estimates of
mantle anisotropy largely reflects the trade-off between epicentral and anisotropic
parameters. Therefore, we adopted a grid-search strategy to determine our preferred
model and to characterize the uncertainty in this model (Figure S2). Using the Blanco
domain dataset, we perform a least-squares inversion for perturbations to Blanco
epicentral parameters, damped station static terms, and isotropic mantle velocity under a
prescribed magnitude and orientation of mantle seismic anisotropy. In Figure S2a, the
best-fit to the Blanco domain dataset is plotted as a function of the prescribed magnitude
and orientation of mantle anisotropy used to relocate Blanco events. For each relocation
solution, we estimate the best-fit anisotropic parameters to the plate interior dataset by
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least-squares fitting Equation 1 in Chapter III to the mantle velocities estimated from Pn
travel-times binned as a function of azimuth (20° intervals). Thus, we are searching for
separate anisotropic mantle models for each dataset. The best-fit to the plate interior
dataset for a given relocation model is shown in Figure S2b. We prefer models that
provide a good fit at the 1𝜎 confidence interval (based on an F-test) to both datasets. In
doing so, we find that relocating Blanco events assuming 4.6%-5% mantle anisotropy
with a fast-axis azimuth of 85°-96° yields adequate fits to both datasets. Solutions that
fall outside this range are less likely. We assume this range reflects the uncertainty in the
best-fit anisotropic model to the Blanco dataset. In Figure S2c-e we show how the fastaxis orientation, percent anisotropy, and mean mantle velocity resolved using the plate
interior dataset varies as a function of the anisotropic model used to relocate Blanco
events. We reject any solution obtained where the Blanco anisotropic parameters fall
outside the best-fit range quoted above. This yields a range of acceptable mantle
anisotropic models (fast-axis azimuth = 84°-90°; anisotropic magnitude = 4.2%-5%;
mean mantle velocity = 7.83 km/s-7.87 km/s) to the plate interior dataset. Again, we
assume this range reflects the uncertainty in the best-fit anisotropic model to the plate
interior dataset. As shown in Figure S2f, we estimate the uncertainty in the best-fit mean
mantle velocity in the Blanco domain in a similar manner. We find that the acceptable
range of mean mantle velocities in the Blanco domain is 7.82 km/s-7.88 km/s.
In Figure S3, we show the distribution of Pn travel-time residuals calculated with
respect to our starting (isotropic, 7.8 km/s mantle) and preferred model for each data
subset. Our preferred solution (identified by stars in Figure S2) to the Blanco and plate
interior data subsets decrease the variance in the Pn travel-time residuals by 99.8% and
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61.2%, respectively (Figure S3). The substantially larger variance reduction in the Blanco
data subset is due to differences between the starting models for each dataset. The
starting model for the Blanco data subset uses the catalogued epicentral parameters
whereas the starting model for the plate interior data subset uses the relocated event
parameters. The misfit to the Pn travel-time residuals (as defined by the weighted root
mean square) for our preferred solution to the Blanco and plate interior data subsets is
195 ms and 416 ms, respectively. The misfit to either data subset is significantly
increased (at the 1𝜎 confidence level) if only isotropic mantle velocity models are
considered. We note that the misfit to the Blanco data subset is less sensitive to the
Blanco domain anisotropic structure compared to the plate interior data subset (Figure
S2a-b). This may be due to the shorter Pn propagation distances associated with the
Blanco dataset resulting in lower magnitude arrival time residuals related to anisotropic
structure. A more complex anisotropic field surrounding the Blanco Transform Fault may
also contribute to this observation.

Figure S2 (next page). Results of the grid-search over anisotropic mantle velocity models used to relocate
Blanco events. The weighted sum of the squared Pn travel-time residuals (WSSR) are plotted for (a) the
Blanco and (b) the plate interior data subset as a function of the fast-axis azimuth (x-axis) and percent mantle
anisotropy (colored curves) assumed for earthquake relocation. The horizontal dashed and solid black lines
identify the 1𝜎 and 2𝜎 confidence intervals. The best-fit (c) fast-axis orientation, (d) percent anisotropy, and
(e) mean mantle velocity to the plate interior dataset and (f) the best-fit mean mantle velocity to the Blanco
dataset are also plotted as a function of the anisotropic mantle velocity model assumed for earthquake
relocation. Points that fall along the curves in gray-scale in (c-f) identify models that we have rejected because
they do not provide a good fit to both data subsets (a-b) at the 1𝜎 confidence level. The vertical dashed and
solid lines in (c-f) identify the acceptable range of fast-axis azimuths in the anisotropic mantle velocity model
used for earthquake relocation at the 1𝜎 and 2𝜎 confidence levels, respectively. The range of mantle velocity
parameters that provide good fits to the data (at 1𝜎 uncertainty) fall along the colored curves and between
the vertical dashed lines in (c-f). The red star marks our preferred solution. See Appendix B, Text S3 for
further discussion.
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To estimate the errors in our
earthquake locations, we grid-search over
perturbations to the event positions in our
preferred solution (Chapter III, Figure 3).
For each perturbed position, we calculate
the weighted sum of the squared Pn
travel-time residuals and use an F-test at
the 1𝜎 confidence level to define points
on an error ellipse. The anisotropic model
is held fixed during this grid-search. We
find that the positions of our earthquake
relocations depend on the mantle
anisotropic model but the error ellipse
mostly reflect the number of arrivals
constraining the epicentral parameters for

Figure S3. The distribution of the Pn travel-time
residuals for the (a-b) Blanco and (c-d) plate interior
data subsets with respect to (a,c) the starting model and
(b,d) our preferred solutions.

a given event.
We investigate the sensitivity of our result to the chosen inversion strategy and
user-defined parameters and find that our preferred solution is a stable result. Joint leastsquares inversions for epicentral and anisotropic parameters using the entire Pn dataset
recover similar anisotropic fast-axis orientations (84°-90°) as our preferred solution and
slightly reduced magnitudes of anisotropy (3%-4%). The exclusion of station statics does
not alter the best-fit anisotropic solution to either dataset. However, the inclusion of
station statics decreases the model misfit to both the Blanco and plate interior data
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subsets by 65 ms and 122 ms, respectively. We note that the value of the station statics
recovered in our preferred solution (Figure S4) are less than the magnitude of the
anisotropic signal of interest (>600 ms for 4.5% anisotropy and ray paths >100 km).
Perturbing the source depths by ±2 km does not significantly alter our preferred solution.
Oceanic crustal thickness and velocity variations are not likely to exceed 1 km and 1
km/s, respectively. Such perturbations to the assumed crustal structure do not alter our
solution. The east-west directed gradient in sediment thickness (Divins, 2003) in
combination with uneven azimuthal data coverage could bias our estimate of mantle
anisotropy by making mantle velocities appear artificially slower for ray azimuths that
preferentially sample more heavily sedimented regions. To estimate the effect of
sediment thickness on the anisotropic structure we scale our sediment corrections by 50%
and 150%. In doing so we find that the recovered fast-propagation direction does not vary
by more than ±3° (i.e. within estimated error).

Figure S4. (a) The distribution of station statics used in our preferred solution. (b) Map
view of the applied station statics.

Age-dependent thermal structure is likely the primary cause for variations in the
isotropic velocity of uppermost oceanic mantle. Age-dependent variations in mantle
velocity in combination with uneven azimuthal sampling may bias our estimate of mantle
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anisotropy. We use a synthetic test to estimate the significance of thermally-induced
perturbations to mantle velocity on our recovery of mantle anisotropy. We calculate Pn
arrival times for a model with the crustal structure assumed for our preferred solution,
isotropic mantle velocities that vary with plate age (Figure S5), and 5% mantle anisotropy
with a fast propagation azimuth of 110°. Synthetic data coverage matches that used in
this study (i.e. Figure S1). The isotropic velocities are calculated from the temperatures
predicted at 10 km beneath the Moho (the average depth sensitivity of our Pn data) based
on a half-space cooling model with a temperature of 1300 °C at zero age and mantle
thermal diffusivity of 8e-7 m2s-1. Temperatures are converted to P-wave velocity
following Karato (1993). The isotropic velocity at zero age is defined as 7.6 km/s (based
on the results of VanderBeek et al., 2016) and the maximum isotropic velocity is not
allowed to exceed 8.2 km/s. We apply random
errors to the x-, and y-positions of the earthquakes
in this synthetic test. The errors are drawn from a
normal distribution with standard deviation of 30
km and are forced to be positive such that the
events are shifted to the northeast as observed in
this study. Errors are also applied to the event
origin times and these are drawn from a normal
distribution with standard deviation of 1 s. We
then proceed to invert for epicentral and
anisotropic parameters following the procedure
for our preferred solution (Text S3). Neglecting

127

Figure S5. The isotropic mantle velocity
model used to test the sensitivity of the
recovered anisotropic structure to isotropic
heterogeneity (Appendix B, Text S3). Mantle
velocities do not vary with depth.

isotropic mantle heterogeneity could bias the fast-axis in the counterclockwise direction
by up to 5°. This bias, if present in our data, is not significant enough to alter our
interpretation. We note that available constraints on uppermost mantle velocity beneath
the JdF plate do not strongly correlate with age except directly beneath the spreading
center (VanderBeek et al., 2016; Horning et al., 2016). Thus, isotropic velocity anomalies
likely do not influence our estimates of mantle anisotropy.
Text S4: Estimation of Mean Paleo-spreading Direction
The JdF ridge spreading direction has been rotating clockwise over the last ~10
Myr (Riddihough, 1984). Using the Pn ray coverage (Figure S1) and crustal age map of
Wilson (1988) we calculate the mean plate age sample by both datasets. Assuming the
plate spreading direction is orthogonal to magnetic anomaly lineations, we convert these
mean ages to mean spreading directions from the strike of the magnetic anomalies
measured through time on the Juan de Fuca and Pacific plates as presented in Riddihough
(1984). The Blanco and plate interior Pn datasets sample 4.1 Myr and 4.4 Myr old
uppermost mantle corresponding to a mean spreading direction of 101° and 105°,
respectively.
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